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Abstract 

The Tyrrhenian basin serves as a natural laboratory for back-arc basin studies in the 

Mediterranean region. Yet, little is known about the crust-uppermost mantle structure beneath 

the basin and surrounding margins. Here, we present a new 3D shear-wave velocity model and 

Moho topography map for the Tyrrhenian basin and its margins using ambient noise cross-

correlations. We apply a self-parameterized Bayesian inversion of Rayleigh-wave group and 

phase velocity dispersions to estimate the lateral variation of shear velocity and its uncertainty 

as a function of depth down to 100 km. We also derived a contemporary 3D density model of 

the lithosphere beneath the Tyrrhenian region by combining seismic velocity, surface heat 

flow, gravity and topography. Further, we investigated the contribution of buoyancy forces to 

the regional dynamics by modelling the lithospheric flow field below the Tyrrhenian basin and 

margins using as input the 3D lithospheric density structure beneath the study area. In general, 

our models support present-day geodynamics with a predominant Africa-Eurasia convergence 

and can explain the heat flux, regional geology and magmatism in the Tyrrhenian basin and 

surrounding margins. 

Keywords: Tyrrhenian basin, ambient noise tomography, Bayesian inversion, shear-wave 

velocity structure, lithospheric density structure, buoyancy flow model  
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1 Introduction 

It is generally acknowledged that the Mediterranean geodynamics has been shaped by the 

collision of two large, slowly moving plates (African and Eurasian plates), and perhaps, also 

by smaller intervening microplates (Adria, Aegea, and Anatolia) (Dewey et al., 1989; Faccenna 

et al., 2014; Jolivet & Faccenna, 2000; McKenzie, 1970). Before the Mesozoic, the 

Mediterranean was predominantly affected by rifting. During the Mesozoic, the oceanic Tethys 

areas and passive continental margins developed, leading to the formation of widespread 

carbonate platforms. In the late Mesozoic, subduction zones (from west to east, the Alps-

Betics, Dinarides, and the Hellenides) dominated the Mediterranean region, inverting the 

extensional regime and leading to the consumption of the previously formed Tethyan oceanic 

lithosphere and the adjacent continental margins (Carminati & Doglioni, 2005). The main 

Cenozoic subduction zones in the Mediterranean are the Alps–Betics, the Apennines– 

Maghrebides, and the Dinarides–Hellenides–Taurides (Figure 1.1). Presently, the only 

remaining Mesozoic oceanic lithosphere is found in the Ionian abyssal plain and is being 

subducted northwestward beneath the Calabrian Arc and northeastward below the Hellenic Arc 

(Jolivet & Faccenna, 2000; Speranza et al., 2012). 

In spite of compression dominating the Mediterranean tectonics, several areas exhibit 

extensional tectonic regime. Extensional basins in the Mediterranean formed during the 

Cenozoic are from west to east, the Alboran Sea, the Valencia basin, the Liguro-Provençal 

basin, the Tyrrhenian basin, the Aegean basin, and the Pannonian basin (Figure 1.1). 

Paleotectonic reconstructions show that extension in the Mediterranean is the result of back-

arc extension and/or collapse of the inner part of the thickened Alpine crust (Dercourt et al., 

1986; Dewey, 1988; Dewey et al., 1989; Jolivet & Faccenna, 2000). 
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The Meso-Cenozoic geodynamic evolution of the Central Mediterranean especially, has 

undoubtedly been controlled by the paleogeographic inheritance of the African and European 

plates which have led to the present-day continental collision that is particularly evident in the 

Alps (Channell et al., 1979; Dercourt et al., 1986; Dewey et al., 1989; Handy et al., 2010; 

Malinverno & Ryan, 1986; Schettino & Turco, 2011). The overall plate tectonic evolution of 

the Central Mediterranean in the Tertiary was driven by the Adriatic promontory, a large piece 

of continental crust of African affinity (Channell et al., 1979), which colliding with the 

Eurasian plate formed the orogenic belts that now surround the Adriatic Sea. The most relevant 

tectonic regime from Neogene to Recent has been the evolution of the Calabrian Arc, a narrow 

and arcuate subduction-rollback system related to the convergence of the African and European 

plates and the southeastward retreat of the Tethyan slab (Faccenna et al., 2001; Jolivet & 

Faccenna, 2000; Malinverno & Ryan, 1986; Rehault et al., 1985). Seismic tomography in the 

Calabrian Arc shows a down-going continuous slab that penetrate into the mantle (Faccenna et 

al., 2007; Neri et al., 2009; Scarfì et al., 2018; Wortel & Spakman, 2000) and a 70°-dipping 

Wadati-Benioff zone marked by earthquakes down to nearly 500 km depth (Selvaggi & 

Chiarabba, 1995; Wortel & Spakman, 2000). 

The Central Mediterranean region offers a unique opportunity to study the problem of the 

development of extensional basins in a complex collisional environment. This is evident in the 

number of studies that focuses on the evolution of the Tyrrhenian Sea, a back-arc basin that 

lies at the back of the westward directed Apennine-Maghrebian compression front, and its 

overall contribution to the present-day Mediterranean geodynamics. 
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Figure 1.1 Present-day geodynamic framework of the Mediterranean (modified 
after Carminati & Doglioni, 2005). The red subduction zones corresponds to 
westwards directed subductions and black, eastward directed. The Apennines-
Maghrebides subduction system is related to back-arc basins of the Central-
Western Mediterranean region. Closely related to the Mediterranean 
geodynamics are the Carpathian subduction and the Pyrenees. 

The Tyrrhenian basin developed during the Tortonian to Quaternary, its formation commenced 

after Sardinia-Corsica block rotated counter-clockwise about 25°–30° away from the European 

plate leading to the rifting of the Liguro-Provençal basin from about ~ 30 to 15 Ma (Channell 

et al., 1979; Gailler et al., 2009; Gattacceca et al., 2007; Jolivet et al., 1994; Rehault et al., 

1985). The Tyrrhenian basin itself then opened from ~ 15 Ma to present, with different styles 

of rifting occurring at different stages of the evolution (Faccenna et al., 2007). In the early stage 

(~ 10 to 5 Ma), extension in the Tyrrhenian basin was driven by the eastward migration of the 

Adriatic subduction system, causing a roughly east-west rifting and the opening of the northern 

Tyrrhenian basin (Faccenna et al., 2001). Here, extension after commencement progressively 

migrated eastward with time and was accompanied by the emplacement of magmatic bodies 
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(Bartole, 1995; Jolivet et al., 1994). Later, the rollback of the subducting Ionian lithosphere 

triggered the opening of the southern Tyrrhenian basin, approximately from 7 to 5 Ma 

(Faccenna et al., 2001, 2007; Malinverno & Ryan, 1986; Marani & Trua, 2002; Pondrelli, 

2004). 

Stronger extension in the southern Tyrrhenian basin (up to ~5 cm/yr (Peccerillo, 2017b)) 

resulted in the opening of the Vavilov basin (formed 4-3 Ma) and Marsili basins (formed 2-1 

Ma) (Cocchi et al., 2009; Dewey et al., 1989; Faccenna et al., 2001, 2007; Kim Kastens et al., 

1988; Malinverno & Ryan, 1986; Sartori, 2003). Conventionally, the 41° parallel line is an 

important tectonic structure that separates the north and the south Tyrrhenian basins (Boccaletti 

et al., 1990; Peccerillo, 2017b). 

Volcanism in the Tyrrhenian area shows remarkably large variations in time and space owing 

to the complex geodynamic history of the region. The petrological and geochemical signatures 

of magmas show arc-type (orogenic), intraplate (anorogenic) and mid-ocean-ridge 

compositional features. The affinity of the orogenic magmas range from calc-alkaline, 

shoshonitic and ultrapotassic, and are spread over the entire Tyrrhenian region becoming 

younger eastward from Sardinia to the Italian peninsula and the southeastern Tyrrhenian Sea. 

Anorogenic magmas include tholeiites to Na-alkaline compositions and occur in Sardinia, in 

the Tyrrhenian basin and Sicily. The variable magmatism in the Tyrrhenian region point to 

large differences in mantle source compositions and degrees of melting (Lustrino et al., 2011; 

Peccerillo, 2017b; Savelli, 2002). 

Although the Tyrrhenian basin is an extensively studied area, much of the crust and uppermost 

mantle structure is still poorly resolved. The geodynamics of the Central Mediterranean region, 

in particular, the evolution of the Adriatic-Ionian subduction system has contributed to shaping 

the structure of the lithosphere beneath the Tyrrhenian area, being that the Tyrrhenian lies at 
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the foot of this complex plate boundary. This makes knowledge of the structure of the 

lithosphere, for example, the seismic velocity structure, paramountly important for the 

understanding of the geodynamics and associated magmatism in the Tyrrhenian area, as it 

provides constraints to the geodynamic models (e.g., Lucente et al., 1999) and corroborates 

other geophysical and geological studies. 

Traditionally, the structure of the lithosphere is studied applying the inversion of converted 

phases of teleseismic body waves and/or surface wave dispersions (Bodin et al., 2012; Burdick 

& Langston, 1977; Langston, 1979; Piana Agostinetti & Amato, 2009) and tomographic 

inversion of body-wave travel-time residuals (Di Stefano et al., 1999, 2009; Lippitsch, 2003). 

Each of these seismic imaging techniques has its limitations, which commonly include 

earthquake location errors, dependence on an irregular distribution of earthquake sources, ad 

hoc model parameterization and a lack of near-surface resolution. Nevertheless, seismic 

imaging of the crust and uppermost mantle structure beneath the Tyrrhenian basin using these 

traditional seismic imaging techniques is further challenging due to the lack of seismic stations 

on the basin. 

In this regard, this thesis aims to first, provide a high-resolution shear-wave velocity structure 

of the crust and uppermost mantle beneath the Tyrrhenian region from ambient noise 

tomography. The benefits of using ambient noise tomography technique compared to 

traditional earthquake based surface wave studies are that; we can take full advantage of the 

dense distribution of seismic stations around the basin, allowing for dense path coverage across 

the basin. Again, the short interstation distances mean that we can retrieve short periods data 

sensitive to the shallow part of the lithosphere compared to teleseismic studies, where such 

short periods are attenuated due to large source to station distance. 
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Next, we combine the shear-wave velocity model, surface heat flow, gravity, and topographic 

data to develop a 3D density model of the crust and uppermost mantle beneath the Tyrrhenian 

basin and its surroundings. In turn, we discuss the rheological variations suggested by this 

density structure and explore their implications for the geodynamic evolution of the Tyrrhenian 

basin and associated magmatism. 

Finally, we investigate the dynamics of the active deformation in the Tyrrhenian area. Here, 

we investigate the contribution of buoyancy forces concerning the ongoing complex 

lithospheric deformations in the Tyrrhenian area, as revealed by the recent seismicity and 

geodetic observations (e.g., Chiarabba et al., 2015; D’Agostino et al., 2008). 

Thus, this manuscript contains a comprehensive summary of three projects dedicated to the 

understanding of the geodynamic evolution and current state of the Tyrrhenian lithosphere. It 

consists of five chapters. The second chapter focuses on ambient noise Rayleigh wave 

tomography and shear-wave velocity structure of the crust and uppermost mantle beneath the 

Tyrrhenian basin and margins. In the third chapter, we estimate the 3D density distribution 

below the Tyrrhenian basin and surroundings. The fourth chapter focuses on modelling the 

contemporary lithospheric flow field in the Tyrrhenian region. In the final chapter, we 

summarise our results about the lithosphere structure beneath the Tyrrhenian basin and 

surrounding margins.  
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2 Three-dimensional shear-wave velocity structure of the crust 
and uppermost mantle beneath the Tyrrhenian basin and 
margins 

The Tyrrhenian basin serves as a natural laboratory for back-arc basin studies in the 

Mediterranean region. Yet, little is known about the crust-uppermost mantle structure beneath 

the basin and its margins. Here, we present a new 3D shear-wave velocity model and Moho 

topography map for the Tyrrhenian basin and adjacent margins using ambient noise cross-

correlations. We apply a self-parameterized Bayesian inversion of Rayleigh group and phase 

velocity dispersions to estimate the lateral variation of shear velocity and its uncertainty as a 

function of depth down to 100 km. At crustal depths, our results support an exhumed mantle 

basement rather than an oceanic basement below the Vavilov basin. Our velocity model also 

reveals the presence of a broad low-velocity zone between 40 and 80 km depth affecting much 

of the Tyrrhenian basin’s uppermost mantle structure and its extension mimics the 

paleogeographic reconstruction of the Calabrian arc in time. We interpret the low-velocity 

structure as the possible source of Mid-Ocean Ridge Basalts- and Ocean Island Basalts- type 

magmatic rocks found in the southern Tyrrhenian basin. The 3D crust-uppermost mantle 

structure supports present-day geodynamics with a predominant Africa-Eurasia convergence. 

2.1 Introduction 

The Tyrrhenian basin is a back-arc basin in the Mediterranean region which opened in relation 

to the retreating Adriatic-Ionian slab in the geodynamic context of the African and Eurasian 

plates convergence (Channell et al., 1979; Faccenna et al., 2001; Malinverno & Ryan, 1986). 

Being the youngest basin in the Mediterranean region, the Tyrrhenian is considered a perfect 

natural laboratory for investigating the geodynamics of back-arc basins (Conti et al., 2017; 

Milia et al., 2017; Moeller et al., 2013; Prada et al., 2015; Trua et al., 2018). However, the crust 

and upper mantle velocity structure is poorly understood beneath the basin and adjacent 

margins. The distribution of seismic stations on land makes it seismically challenging to image 

the shallow lithosphere below the Tyrrhenian basin, as it inhibits proper illumination of the 
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shallow structures by teleseismic compressional (P) and shear (S) waves (Piromallo & Morelli, 

2003). Additionally, teleseismic surface waves mostly lack short period data sensitive to the 

crust and uppermost mantle structure beneath the basin. Consequently, previous tomographic 

studies have limited resolution of the shallow lithospheric structure beneath the basin (e.g., 

Giacomuzzi et al., 2012; Greve et al., 2014; Panza et al., 2007). 

An alternative method to study the lithosphere, particularly the crust, is active seismological 

observations. Most of our knowledge about the crust beneath the Tyrrhenian basin stems from 

such studies. For instance, Moeller et al., (2013) have shown that the north Tyrrhenian basin is 

underlain by a continental crust of about 17 km thick but Vp values of the lower crust are higher 

than those found for the average continental crust. Again, Prada et al., (2014) have found 

evidence for exhumed mantle rocks beneath the Vavilov basin, contrary to the previous 

suggestion of an oceanic crust (Duschenes et al., 1986; K. Kastens & Mascle, 1990). However, 

the problem with active seismological studies is that it provides very little information about 

the lithospheric structure beneath the Moho and also yields relatively limited information on 

the lateral variation of the velocity structure. 

In over a decade now, ambient noise tomography has proven to be a valuable tool for imaging 

crust and lithospheric mantle velocity structure (Shapiro et al., 2005; Yang & Ritzwoller, 

2008). The method has become particularly essential in areas where there exist difficulties in 

achieving high-resolution images of the lithosphere using data from ‘traditional’ seismic 

imaging techniques (e.g., Guidarelli & Aoudia, 2016; Zulfakriza et al., 2014). This method has 

already been applied in the Tyrrhenian area (H. Li et al., 2010; Stehly et al., 2009; Verbeke et 

al., 2012; Yang et al., 2007), but in the framework of regional studies covering the whole 

Europe (Stehly et al., 2009; Verbeke et al., 2012; Yang et al., 2007) or the Italian peninsula (H. 
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Li et al., 2010) and therefore does not provide much detailed structure beneath the Tyrrhenian 

basin. 

In this study, we extract interstation Empirical Green’s functions (EGFs) from the cross-

correlation of ambient noise data using a dense network of 73 broadband stations surrounding 

the Tyrrhenian basin (Figure 2.1). This allows for the retrieval of high-quality Rayleigh wave 

group and phase dispersions, which are inverted to obtain group and phase tomography maps, 

respectively. Local dispersion curves are then extracted from the tomographic maps. These 

dispersion curves are traditionally inverted for S-wave velocity applying linearized inversion, 

which iteratively minimizes the objective function until certain misfit value is achieved 

(Herrmann, 2013). However, such inversion can often lead to a misleading solution if the 

starting model is not close to the true one and can encounter challenges on the estimation of 

proper uncertainties, particularly for highly non-linear problems. Here, we implement a highly 

efficient trans-dimensional Bayesian approach (Dettmer & Dosso, 2012; Pachhai et al., 2015) 

and provide a new 3D shear wave velocity structure along with the related uncertainties beneath 

the Tyrrhenian basin and its margins down to 100 km depth. In this approach, layer properties 

including the number of layers remain unknown in the inversion and fully constrained by data. 

To provide efficient sampling and achieve faster convergence, we adapt an interacting Markov 

chain Monte Carlo Sampling approach in which parameters are allowed to exchange between 

different chains. Our result highlights new structural features in the Tyrrhenian basin and at the 

transition with the surrounding Apennines, Calabrian arc, and Sardinia block. We discuss our 

results in light of the published recent findings in terms of structure, magmatism, and 

geodynamics. 
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Figure 2.1 Bathymetry and topography map of the Tyrrhenian basin and 
surroundings. Black triangles represent the location of broadband stations used 
in this study. VB = Vavilov basin; MB = Marsili basin. Inset map shows the ray 
density with all inter-station paths used in this study. 

2.2 Data and Methods 

In recent years, high quality, continuous broadband recordings from Italy, France, Tunisia, 

Croatia, and Malta seismic networks managed by the Observatories and Research Facilities for 

European Seismology network (ORFEUS) have become available (Figure 2.1). These 

networks provide unprecedented dense station coverage to make the ambient noise method a 
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robust technique for investigating the Tyrrhenian basin seismic velocity structure. Here, we 

analysed four years continuous broadband vertical-component seismic data recorded by 73 

stations from the period of January 2010 to December 2013. Using only the vertical component 

of the recorded noise data implies that the final waveform we obtain after cross-correlations 

are mainly dominated by Rayleigh wave signals. 

2.2.1 Data processing 

Ambient noise data processing involves the cross-correlation of long time series of ambient 

seismic noise to extract Empirical Green’s functions between two seismic stations. Previous 

studies have shown that the cross-correlation of ambient noise time series recorded at two 

seismic stations mainly results in the emergence of surface waves signal that propagates 

between the two stations (Bensen et al., 2007, 2008; Shapiro et al., 2005; Shapiro & Campillo, 

2004). Hence, the dispersion characteristics of the estimated surface waves Green’s functions 

provide information about the interstation wave propagation and hence about seismic velocities 

in the crust and uppermost mantle. 

The technique applied in this study to obtain the interstation Empirical Green’s Functions from 

the ambient seismic noise recordings follows the processing method described by Bensen et 

al., (2007). In the first step, the continuous time-series data recorded at individual broadband 

stations are cut into day-length signals. The daily waveforms at the individual stations are then 

demeaned, detrended, corrected for the instrumental response, bandpass filtered between 

periods of 5 and 150 s, and then decimated to 1 sample per second. To minimize the effect of 

earthquake-generated signals and other instrumental irregularities on the cross-correlations, we 

apply a running absolute mean temporal normalization (Bensen et al., 2007). Finally, spectral 

whitening is applied to reduce the effect of low-frequency microseisms and broaden the 

available frequency band. 



 12 

 

Figure 2.2 Examples of Empirical Greens Functions. Inter-station ray-path 
between (a) centre station VSL and all other stations, (b) centre station PGT2 and 
the rest of the stations. (c-d) Examples of record section of cross-correlation 
calculated for the ray-paths in a and b, respectively. The cross-correlation 
functions have been bandpass filtered between 5 – 15 s. 

The daily waveforms are cross-correlated for all available station pairs and then stacked to 

form the EGFs (e.g., Figure 2.2). The quality of the Rayleigh wave signal that emerges after 

cross-correlation and stacking is evaluated based on their signal-to-noise ratio (SNR). The SNR 

is computed as the ratio of the peak amplitude in the signal time window to the root-mean-

square of noise in the time window trailing the signal window. Here, the SNR value serves as 



 13 

a proxy for uncertainties estimation (Bensen et al., 2007; Yang et al., 2008) and a criterion for 

the assessment of acceptable Green’s functions (Yang & Ritzwoller, 2008). Only cross-

correlations with SNR value greater than 7 and having interstation distance of at least 100 km 

are considered for further analysis. The choice of rejecting cross-correlations with SNR < 7 is 

a compromise between optimizing measurement quality and quantity. Again, we rejected 

cross-correlations with interstation distance < 100 km since we are interested in regional 

distances. 

 

Figure 2.3 Examples of estimated dispersion curves across the study area. (a) 
group and (b) phase velocity dispersions for selected paths of station pairs 
indicated by respective colour lines on the map on the right panel. 

We analyse the EGFs using the multiple filter technique (Herrmann, 2013) to measure Rayleigh 

wave fundamental mode group and phase velocity dispersions from 5 to 50 s period.  

If we let the dispersed surface wave be represented by the equation 

𝑓(𝑡, 𝑟) =
1
2𝜋

+ 𝐹(𝜔, 𝑟)exp	(𝑖𝜔𝑡) 𝑑𝜔
4

54
 (2.1) 

where 𝐹(𝜔, 𝑟) = 𝐴(𝜔, 𝑟)exp	(−𝑖𝑘𝑟 + 𝜙 and 𝜙 is the source phase and k is the wavenumber 

related to the phase velocity by 𝜔=kc. Then when a narrow bandpass Gaussian filter is applied 

about a centre frequency 𝜔; by the filter Η(𝜔 − 𝜔;), the filtered signal is given by 
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𝑔(𝑡, 𝑟) =
1
2𝜋𝐴

(𝜔;)𝜔;>
𝜋
𝛼 exp

[𝑖(𝜔;𝑡 − 𝑘;𝑟 + 𝜙)] exp	[−
𝜔;B

4𝛼 D𝑡 −
𝑟
𝑈;
F
B
] (2.2) 

The last term defines the envelope, which is a maximum at a time corresponding to a group 

velocity arrival. The group velocity, U, is defined as 𝑈 = 𝑑𝜔 𝑑𝑘⁄ . This expression indicates 

that the narrow band-pass filtered signal can be used to estimate the group velocity by using 

the time of envelope maximum and the spectral amplitude A at 𝜔 = 	𝜔;, through the envelope 

amplitude, e.g., 

𝐴 = (2𝜋 𝜔;)H(𝛼 𝜋⁄ )	|𝑔(𝑟 𝑈;, 𝑟)⁄ |⁄  (2.3) 

The phase term can be used to estimate the phase velocity if the source term is known. The 

phase at the group velocity arrival, e.g., 𝑡 = 𝑟 𝑈;⁄ , is 

Φ = tan5N O
𝐼𝑚	𝑔(𝑟 𝑈;, 𝑟)⁄
𝑅𝑒	𝑔(𝑟 𝑈;, 𝑟)⁄ T = 𝑟𝜔; 𝑈 −	𝑟𝜔; 𝑐⁄ + 	𝜙 + 𝑁2𝜋⁄  (2.4) 

where the 𝑁2𝜋 term arises because of the periodicity of the tan5N function. The source phase 

term can be eliminated if a two-station technique is used like in ambient noise cross-

correlations. 

Figure 2.3 shows an example of group and phase velocity curves, traversing along different 

paths in the study area. The paths through the Tyrrhenian basin (AQU-TAMR and ESLN-

PGT2) show higher group and phase velocities at shorter periods compared to the paths along 

Calabria and Adria (HAVL-PDG) and the Tyrrhenian coast of Italy (CASP-CUC). Generally, 

high group and/or phase velocity at shorter periods indicates the occurrence of a high-velocity 

structure at shallow depth. At intermediate periods (~ > 30 s), Figure 2.3b shows that the phase 

velocities become nearly flat and comparable irrespective of the path, suggesting that waves 

maybe sampling a relatively uniform uppermost mantle structure. 
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2.2.2 Rayleigh wave tomography inversion 

The estimation of the shear-wave velocity structure from the ambient noise data involves a 

two-step inversion scheme. In the first step, we invert the Rayleigh wave group and phase 

dispersion for their respective group and phase tomography maps at different periods (sensitive 

for different depths). The Rayleigh wave tomography maps are then inverted to retrieve the 3D 

S-wave velocity structure in the second step. 

In this study, we apply the surface wave tomographic method of Yanovskaya & Ditmar, (1990) 

to obtain the group and phase velocity maps from the Rayleigh wave dispersions extracted 

from the ambient noise cross-correlation. We estimate the 2D tomography maps at different 

periods from 5 to 50 s on a 0.5° × 0.5° grid across the study area. This tomographic method is 

a 2D generalization of the classical 1D method developed by Backus & Gilbert, (1968) and is 

based on the geometric ray approximation which assumes that the travel time of a surface wave 

is only sensitive to the media along the great circle path of surface wave propagation. 

One of the main advantages of this approach is that it does not require any apriori 

parameterization of the basis functions. This is because it considers the smoothness of the 

velocity function based on a regularization parameter such that the output velocities are within 

the range defined by the observed dispersion curves. It further assumes that the final travel 

times residuals are distributed randomly (Yanovskaya et al., 1998). 

2.2.3 Shear wave velocity inversion 

To compute the 3D S-wave velocity model, we extract local group and phase dispersion curves 

at each node of 0.5°	×	0.5° grids from the tomography maps. The local dispersion curves are 

then jointly inverted for the 1D shear velocity-depth profile at each node. 
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The estimation of S-wave velocity from the local dispersion data is a non-linear geophysical 

inverse problem. Traditionally, the inversion is linearized and is solved for velocity with a fixed 

number of layers. Additionally, a damping parameter is used to stabilize the inversion 

(Herrmann, 2013). Therefore, proper quantification of uncertainties becomes challenging. 

Here, we apply a fully non-linear Bayesian approach (Dettmer & Dosso, 2012; Pachhai et al., 

2014, 2015), which does not require any damping, to compute the 1D shear velocity profiles 

and their uncertainties. The parameter uncertainties can either come from measurement errors 

(i.e. errors in seismic recordings) or theoretical errors (i.e. errors resulting from approximation 

in model including seismic wave propagation, model parameterization simplifications, 

assumptions in the data processing etc.). 

In Bayesian inversion, the answer to the inverse problem is expressed in terms of posterior 

probability density (PPD), which combines the prior information (what we know beforehand 

about the model and is independent of data) and the likelihood (incorporates the data 

information), i.e., 𝑝(𝒎|𝒅) ∝ 𝑝(𝒅|𝒎)𝑝(𝒎). Here, 𝑝(𝒎|𝒅) is the probability of the model 

parameter vector (𝒎) given the data vector (𝒅) (i.e. posterior probability density), 	𝑝(𝒅|𝒎) is 

the probability of the data given the model (i.e., likelihood) and 𝑝(𝒎)	is the prior probability 

of the model parameters (i.e., number of layers, layer thickness and S velocity). The data errors 

are typically not known and are approximated as a difference between the measured and 

predicted data. Note that the P-wave velocity is derived from the fixed Vp/Vs ratio and density 

is derived from S-wave velocity. In this paper, we consider a uniform prior within a range of 

reasonable S-wave velocity (based on the past studies e.g., Greve et al., 2014) as a function of 

depth while the likelihood function is derived based on a Gaussian distribution of data errors. 

It is challenging to compute the posterior analytically, particularly for non-linear inversion. 

Additionally, the model complexity (i.e., the number of layers in the case of observed data) is 
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not known in advance and estimated parameter uncertainties can highly depend on the model 

complexity. For example, if we increase the model complexity (i.e., increase the number of 

layers), the fit between the model prediction and observed data can be improved, but not 

necessarily required by data and can result in unrealistically large uncertainties. In contrast, a 

simple model can fit only part of the data resulting in unreasonably small uncertainties. 

Therefore, a parameter sampling approach known as reversible jump Markov chain Monte 

Carlo (rjMcMC) sampling is applied to compute the PPD (Dettmer et al., 2012; Pachhai et al., 

2015). 

In rjMcMC approach, the number of layers is allowed to change (between 1 and 35 from the 

surface to 100 km depth, below which we define the half-space) and parameters in each 

iteration are updated through three different moves: birth, death, and perturbation. In the case 

of a birth move, a new interface at random depth is introduced and proposed with the 

perturbation of velocity and thickness from a randomly chosen layer. The proposed model is 

accepted or rejected based on the likelihood ratio of the current model to the previous model. 

If the proposal is accepted, the model is updated with an additional layer and proceeds for the 

next iteration. If the proposal is rejected then the current model is retained and a new model is 

proposed again. In the case of death move, a random layer is picked and proposed to delete 

(death) with the perturbation of layer thickness and velocity from a randomly chosen layer. 

Then the same procedure as in the case of the birth stage is followed. In the case of perturbation 

move, the number of layers remains the same and only layer properties (layer thickness and 

velocity) are allowed to change. 

The sampling approach, particularly rjMcMC can be highly inefficient when significantly low 

probability regions separate multiple high probability regions. As a result, the sampling takes 
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a long time to converge to the true model. Therefore, interacting Markov chains are applied 

here to achieve faster convergence. 

2.2.3.1 Depth Resolution Tests 

We test the resolution capabilities of the trans-dimensional Bayesian inversion by creating a 

Rayleigh wave group and phase synthetic dispersion curves for different models with different 

Moho depth and variable crustal complexities. Figure 2.4 shows the true models used to 

compute the synthetics and the inversion results. All the true models have crustal velocity 

structure sandwiched between a sedimentary basin and underlying mantle structure which 

follows the AK135 model apart from one smooth velocity anomaly. Correlated noise is added 

to the synthetic dispersion curves. 

The experiments show that the trans-dimensional Bayesian inversion is sensitive to the shallow 

structure given the narrow distribution of the velocities from the ensemble models and 

uncertainty increases as a function of depth (see the distribution of the darkorange color around 

the true and predicted models). The inversion is unable to constrain the velocity of the shallow 

sedimentary layers. This is expected given that our surface wave dispersion curves do not 

include periods shorter than 5 s. Interestingly, for most of the tests shown in Figure 2.4, the 

interface probability shows the presence of a shallow layer with a thickness less or equal to 1 

km likely corresponding to the sedimentary layer. The presence of this shallow interface may 

be the result of the large impedance contrast between the sedimentary layer and the crust. When 

the sedimentary layer is 5 km thick (Figure 2.4f), inversion constrains both the absolute 

velocity and the location of the discontinuity very well, suggesting that very thick sedimentary 

basin can be resolved very well. 
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Figure 2.4 Tests showing the depth resolution of the applied inversion method. 
Here we compare six different true models (green line) to the recovered models 
(red and white line). Dashed blue lines show the AK135 mantle velocity. The 
Moho depth is estimated from the interface probability along each velocity depth 
profile. 

We estimate the depth of the Moho from the interface probability (see section 2.2.3.2 below 

for detail explanations). There are some discrepancies between the recovered and true Moho 

locations when we use the interface probability approach. In all cases, we observe that the 

Moho depth is underestimated, possibly due to the smoothing of surface waves across 

interfaces which makes it difficult to accurately predict the interface location. The differences 

are ~2 km for the shallow Moho (Figure 2.4e) and ~5 km for deeper Moho (Figure 2.4b-d). For 
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very complex crustal structure shown in Figure 2.4f, the interface probability is unable to 

uniquely resolve the Moho. In such a case, we estimate the Moho as the depth where the 

strongest velocity gradient occurs at a pertinent velocity. When we strongly perturb the input 

dispersion curves (Figure 2.4a), the Moho depth shows an error of ~10 km. The consistency of 

the interface probability to provide an estimate of the Moho depth even for models with slightly 

weak impendence contrast suggest that it is a viable way to estimate the Moho depth from the 

1D profiles. However, we have to be cautious about the inherent problem of using surface 

waves to locate discontinuities which can cause wider uncertainties on the Moho depth 

location. 

The inversion is also able to retrieve all the mantle anomalies down to 150 km in their tendency 

(positive/negative velocity anomaly with respect to AK135) although the peak amplitude is 

sometimes underestimated or overestimated. Deeper (Figure 2.4b and f ) as well as narrower 

(Figure 2.4d and e) anomalies are well estimated by the inversion to within 0.3 standard 

deviation. The inversion underestimates the anomaly in Figure 2.4a but recovers the velocity 

above the anomaly very well. 

2.2.3.2 Moho depth estimation 

We estimate the Moho depth topography for the study area by analysing the probabilistic 1D 

shear velocity-depth profile at each grid node for the depth where there is a probability for a 

discontinuity at a pertinent shear-wave velocity. The pertinent shear-wave velocity corresponds 

to velocities > 3.6 km/s, considering that the average shear velocity of the crust is ~3.5 km/s. 

Surface wave dispersion measurements are generally sensitive to absolute shear wave 

velocities but are poor in constraining discontinuities. Here, we test the feasibility and accuracy 

of using the joint inversion of group and phase dispersion measurements applying the trans-

dimensional Bayesian inversion method to constrain the Moho discontinuity from the interface 
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probability. For this experiment, we first compute the group and phase velocity dispersions for 

1D velocity model with a Moho at 30 km. Then a correlated noise is added to the synthetic data 

to make representative observed data (Figure 2.5a and b). These data are then inverted for the 

shear velocity profile using the trans-dimensional Bayesian inversion method. The first one-

third of samples are discarded and the average of the remaining samples are considered to 

visualize probabilities of discontinuity and S velocity as a function of depths. The inversion 

results (Figure 2.5c and d) show that the absolute velocities from the true model are well 

constrained to within 0.2 standard deviation by the average shear velocity structure (red and 

white dash line in Figure 2.5d), and two strong discontinuities (out of the five from the true 

model) are recovered at ~2.5 km and ~27 km (Figure 2.5c). We consider the second 

discontinuity at ~27 km to correspond to the Moho interface, which is set at 30 km in the true 

model (Figure 2.5d). 

For all the test we carried out, we observe that the recovered Moho interface is underestimated. 

This is to be expected since surface waves smooth across interfaces and are known to have 

poor sensitivity to the location of discontinuities. As a result, the velocity discontinuity smears 

out giving maximum probability near the average velocity between layers (e.g., Figure 2.4 and 

Figure 2.5). Again, we notice that the mean shear velocity at the Moho depth (blue line, Figure 

2.5d) does not correspond to the velocity of the underlying mantle but rather an average of the 

crust and mantle velocities. This sometimes causes the Moho depth when plotted on the 

velocity sections as shown in Figure 2.13, to cross low-velocity structures which is unrealistic. 

We estimate the uncertainty associated with the Moho depth by obtaining the difference in 

depth between the recovered Moho (blue line, Figure 2.5d) and the depth at the start of the 

mantle velocity (black line, Figure 2.5d) which is where the mean velocity becomes greater 

than 4.0 km/s. When applied to real data as shown in Error! Reference source not found., 
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the Moho depth from the interface probability is in good agreement with inferred Moho depths 

from previous studies in those areas. 

 

Figure 2.5 Trans-dimensional Bayesian inversion results for synthetic dispersion 
curves. Synthetic dispersion curves for (a) group velocity and (b) phase velocity 
with and without noise. (c) The posterior probability for the position of 
discontinuities. The horizontal red line marks the location of the retrieved Moho 
discontinuity. (d) Posterior Probability Density (PPD) for shear velocity as a 
function of depth. The green solid line indicates the true 1D velocity model used 
to prepare data in a and b. Similarly, the dashed white and red line represent the 
smooth mean model retrieved from the inversion. We use the depth difference 
between the blue and the black lines on (d) to estimate the uncertainty of the 
Moho depth. 
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2.2.3.4 Inversion of observed measurements 

 

Figure 2.6 Examples of 1D shear velocity-depth profiles. Shear-velocity structure 
for grid nodes in (a) the northern Tyrrhenian basin (yellow star on map), (b) the 
Vavilov basin (black star on map), (c) Marsili basin (blue star on map) and (d) 
Calabria (red star on map). The horizontal red line depicts the depth of the Moho 
discontinuity estimated in this study. The horizontal green line on (d) indicates a 
possible double Moho in agreement with previous studies from receiver functions. 
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Error! Reference source not found. shows how the inversion fared on real data. We show 

four velocity profiles from the trans-dimensional Bayesian inversion using local dispersion 

curves extracted from group and phase tomography maps. Error! Reference source not 

found.a is the inversion results for a grid point in the northern Tyrrhenian basin, where the 

Moho depth is ~16 km (e.g., Moeller et al., 2013). In the Vavilov and Marsili basin, we observe 

a possible Moho depth at ~10 km (Error! Reference source not found.b and c, respectively). 

The velocity-depth profile beneath Calabria (Error! Reference source not found.d) indicates 

two probably interfaces at ~33 and 54 km, given hints about the possibility of a double Moho 

in agreement with recent Receiver function results (e.g., Piana Agostinetti & Amato, 2009). 

2.3 Results 

Surface waves at different periods are sensitive to the earth structure at different depths and for 

the same period, phase velocity measurements sample deeper structures than group velocity 

measurements. In general, Rayleigh waves are sensitive to a depth about one-third of their 

wavelengths. This means for short periods, in this study 5–10 s, group and phase velocities are 

primarily sensitive to the shear-wave velocity structure of the upper crust. At such short 

periods, lateral velocity anomalies are mainly attributed to velocity differences between 

sedimentary basins and the surrounding crystalline rocks. Usually, low-velocity anomalies 

delineate sedimentary basins, since sediments have low seismic velocities. Rayleigh waves 

between 15 to 30 s periods, on the other hand, are predominantly sensitive to crustal thickness 

and lower crust and uppermost mantle shear velocity structure. At these periods, the large 

seismic impedance contrast across the Moho means that group and phase speeds vary 

approximately inversely with crustal thickness, with high velocities in regions with a thin crust 

and low velocities in regions with a thicker than average crust. 
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2.3.1 Model resolution 

There is a variable lateral resolution of our model, due to the variation in path density and 

azimuthal coverage from the cross-correlation (Figure 2.7). Lateral resolvable structures are on 

the order of ~30 km in the short-period part of the model and degrade to ~150 km at longer 

periods (Figure 2.7). In general, the structures beneath the portion of the basin parallel to the 

Italian Peninsula are highly resolved due to a large number of stations used from this area and 

consequent good path coverage. 

The estimation of the model resolution depends on the path density, azimuthal coverage and 

average path length (Yanovskaya, 1997). According to Yanovskaya, (1997) and (Yanovskaya 

et al., 1998), the lateral resolution is estimated by the mean size of an averaging area, which is 

given by [Smin(x,y) + Smax(x,y)]/2. Here, Smax(x,y) and Smin(x,y) are semi-major and -minor 

axes of an ellipse of surface defined by S(x,y) in 2D cartesian coordinates. 

Based on depth sensitivities of group and phase dispersion to shear wave velocity (Figure 2.8), 

the presented short-period velocity maps (5-10 s) have maximum sensitivity in the middle and 

lower crustal depths in the basin. The intermediate periods sample the uppermost mantle depths 

beneath the basin, while mainly lower crust is imaged in other regions. The long-period 

velocities (40-50 s) are predominantly sensitive to the uppermost mantle beneath the study 

area. 
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Figure 2.7 The estimated resolution map obtained from the surface wave 
tomography method. Resolution estimates for (a-d) group velocity and (e-h) phase 
velocity at 5, 10, 20 and 50 s, respectively. The path density and azimuthal 
coverage used for tomography inversion at each period is shown on the inset map. 

2.3.2 Group and phase tomography maps 

Figure 2.9 shows the ambient noise tomography maps for group and phase velocities at 

different periods (between 5 and 50 s). The tomography maps at short periods (5-10 s, Figure 

2.9a-b and Figure 2.9i-j) show pronounced high-velocity anomalies in the southern Tyrrhenian 

basin, which likely indicates the presence of a high-velocity material at shallow depth. In 

contrast, the northern Tyrrhenian basin is characterized by low-velocity anomalies which 

distinguish it from the south, and suggest a different crustal structure compared to the southern 

Tyrrhenian. A noteworthy observation is that the boundary between the north and south 

anomalies approximately coincides with the 41° Parallel Line which is generally considered as 

the divide between the northern and southern Tyrrhenian basin. Observed low-velocity 

anomalies below the Apennines, Sicily, and the Corsica sedimentary basin are consistent with 
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previous studies (Di Stefano et al., 2009; H. Li et al., 2010; Moeller et al., 2013) and are likely 

related to sedimentary basins. 

 

Figure 2.8 Sensitivity kernels for Rayleigh-wave (left) group and (right) phase 
velocity for different periods. 

Velocity maps at 15-30 s periods (Figure 2.9c-f and Figure 2.9k-n) are substantially sensitive 

to the crustal thickness and the transition between the crust and uppermost mantle. 

Consequently, high-velocity anomalies in the Tyrrhenian basin likely correspond to the 

shoaling of mantle material beneath the basin. The low-velocity anomalies coincide with 

regions having thicker than average crust such as below the Apennines where we observe a 

continuous low velocity belt mimicking the Apenninic mountain ranges. The long-period group 

and phase tomography maps (40 and 50 s, Figure 2.9g-h, and Figure 2.9o-p) do not preserve 

the anomaly contrast at the basin-margin transition as reported in shorter period maps likely 

due to Rayleigh wave velocities sampling upper mantle materials beneath both regions. Note 

that the group velocity anomalies are stronger than phase velocity as sensitivity amplitudes are 

higher for group velocity in comparison to phase velocity (Figure 2.8). 
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Figure 2.9 Rayleigh wave tomographic maps. (a-h) Group velocity and (i-p) phase 
velocity maps at periods of 5, 10, 15, 20, 25, 30, 40 and 50 s. Colours represent 
the percentile deviation from the average velocity at each period shown at the 
bottom of each plot. Results are shown only for the resolution length shorter than 
150 km (Figure 2.7). 

2.3.3 Shear velocity structure 

We construct a 3D shear-wave velocity model with errors by combining 1D velocity-depth 

profiles at each node of a 0.5° by 0.5° grid across the Tyrrhenian Sea and its margins. Figure 

2.10 and Figure 2.11 show the one standard deviation from the estimated mean S-wave 

velocity. The uncertainties are higher near the location of interfaces due to the smearing of the 

velocity structure. Overall, the uncertainties are approximately 0.35 of the mean velocity which 

suggests that the velocity is reasonably well constrained and well resolved from the surface 

down to about 100 km. 

In Figure 2.12, we plot the mean S-wave velocities on horizontal sections at different depths. 

In general, the shear velocity model shows similar characteristics as the Rayleigh wave 

tomography results, yet highlights tectonic and geological features associated with the 

Tyrrhenian lithosphere. At shallow crustal depths (5-10 km map, Figure 2.12), low shear 
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velocities are confined to the northern Tyrrhenian basin, Sicily, Calabria, and below the Italian 

peninsula. The highest velocities occur below the Vavilov basin and are somewhat surrounded 

by moderate high velocities in the Cornaglia and Campania terraces which extend southeast to 

reach the Marsili basin. 

 

Figure 2.10 Horizontal slices of standard deviations of the 3D shear velocity 
model. 

At 20 km depth (Figure 2.12), we see a clear distinction between the Tyrrhenian basin and its 

margins, with high velocities delineating the triangular shape of the Tyrrhenian basin. At this 

depth, we do lose the velocity contrast between the northern and southern Tyrrhenian basin 

which suggest a likely uniform uppermost mantle structure beneath the basin. Low velocities 

observed below continental regions can be explained by the presence of crustal material that 

extends beyond 20 km depth (Piana Agostinetti & Amato, 2009).  
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Figure 2.11 Vertical sections of the standard deviations of the 3D shear velocity 
model along profiles shown in Figure 2.13.The dashed line shows the Moho 
undulation along the profile. 

The 60 km depth map (Figure 2.12) shows a reversal in the velocity pattern, having high 

velocities beneath the continental regions (Sicily, Calabria, and Italian peninsula) and low 

velocities below the basin. At depth range from 80 to 100 km, Figure 2.12, low velocities are 

seen to occupy the southwestern part of the study area, from the Sardinia block to the northwest 

of Sicily. Interestingly, high velocities are observed in the central part of the basin, beneath the 
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Vavilov basin. This feature is in agreement with the work by Greve et al., (2014), where the 

authors found that a nearly-ring shaped low-velocity anomaly surrounds the higher velocities 

below the Vavilov basin. A noticeable feature at these depths is the high S-velocities beneath 

Calabria and the southern Tyrrhenian Sea, which is recognized as the subducting Ionian slab 

(Chiarabba et al., 2008; Chiarabba & Palano, 2017; Neri et al., 2009). 

Figure 2.13 shows the velocity-depth vertical cross-sections along six profiles. On these cross-

sections, the black continuous line depicts the Moho topography along the profiles based on 

the maximum interface probability and the dash-dotted line indicates the depth where the 

velocity becomes mantle velocity and gradient of velocity is approximately infinite. This can 

also represent approximate uncertainties for the determination of Moho (see Section 2.2.3.2 for 

details). 

The vertical profiles in Figure 2.13 suggest a variable crustal thickness both within the basin 

and across the margin between the basin and the continental regions. We see that the geometry 

of the crust is one that thins gradually from about 20 km below the margins to ~10 km beneath 

the Vavilov and Marsili basins (Profile C and E, Figure 2.13). In the northern Tyrrhenian basin, 

a crust of ~16 km thick is found (Profile D, Figure 2.13). The greatest crustal thickness is 

observed beneath Calabria, extending down to the top of the downgoing high-velocity Ionian 

slab at ~55 km depth (Profiles A and C, Figure 2.13). The crustal thicknesses observed in our 

model are consistent with previously reported results (Di Stefano et al., 2011; Piana Agostinetti 

& Amato, 2009; Spada et al., 2013). 
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Figure 2.12 Shear velocity model at different depths beneath the Tyrrhenian 
basin. 
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Figure 2.13 Shear velocity structure along six different cross-sections. The black 
lines on the cross-sections depict the undulation of the Moho along the profile 
and the dash-dotted line shows the uncertainties of the Moho depth. The depth 
scale in the cross sections is exaggerated by a factor of 2 or 3 depending on the 
length of the profile. 
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We see a low velocity zone emerging at about 40 km and extending to ~80 km depth or the 

base of the model depending on the area crossed by the profile (Profiles B-E, Figure 2.13). In 

profile D crossing the Northern Tyrrhenian, Figure 2.13, a high velocity body, likely a remnant 

of the European lithosphere, sits on top of the low velocity layer. We interpret the high velocity 

body seen at the start of Profile E (Figure 2.13), as the northernmost part of the African 

lithosphere. The distribution of velocities in the lithospheric mantle beneath the Vavilov basin 

in Profile C and E (Figure 2.13), suggests that strong extension that caused the opening of the 

southern Tyrrhenian may have involved the uppermost mantle, indicated by some form of 

break-up within the overriding plate. High velocities observed between 35 and 55 km at the 

start of Profile E is likely related to the African lithosphere and suggests an ongoing 

compression between the African block and the already extended mantle lithosphere beneath 

the Tyrrhenian basin. High upper mantle velocities observed below Calabria are associated 

with the Ionian slab (Profile A-C and F, Figure 2.13). 

2.3.4 Moho topography 

In general, surface wave dispersion measurements are sensitive to absolute shear wave 

velocities but are poor in constraining discontinuities. Hence, for most surface wave studies, 

the Moho interface is taken as the depth of the 4.2 km/s velocity contour (e.g., Lynner & Porritt, 

2017). In the Tyrrhenian basin, the complex tectonic history has undoubtedly affected the 

lithospheric structure and using the 4.2 km/s velocity contour to define the Moho interface in 

our model produce results that are inconsistent with previous studies. Here, we determine the 

Moho depth by picking where strong interface probability for a discontinuity occurs at a 

pertinent shear velocity on the 1D velocity depth profile (See Section 2.2.3.2). 

In Figure 2.14, we present a new Moho topography map for the Tyrrhenian basin and margins. 

The map shows strong lateral variation in crustal thickness but very consistent result within the 
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different tectonic provinces of the study area. The Moho is very shallow (about 10–12 km 

thick) below the southern Tyrrhenian basin. We observe similar shallow Moho depths (~11 

km) in the northern Tyrrhenian right above the Vavilov basin (Figure 2.14), in agreement with 

the results from recent wide-angle seismic reflection studies (Moeller et al., 2014). The deepest 

Moho is found below the northern Apennines and Calabria, where the Moho depths exceeds 

~50 km. The general characteristics of the Moho thicknesses found here are very consistent 

with previously reported depths (Di Stefano et al., 2011; Piana Agostinetti & Amato, 2009; 

Spada et al., 2013). The significant improvement achieved in our model lies in the resolution 

of the Tyrrhenian basin’s Moho topography which is not well resolved in previous models 

(e.g., Spada et al., 2013). 

 

Figure 2.14 Moho topography map for the Tyrrhenian area. 
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2.4 Discussion 

It can readily be seen from Figure 2.9 and Figure 2.12 that two rheologically different domains 

underlain the northern and southern Tyrrhenian basin. The continental crust under the northern 

Tyrrhenian basin (Bartole, 1995; Contrucci et al., 2005; Moeller et al., 2013) is characterized 

by low shear velocities in our model (5 and 10 km maps, Figure 2.12). The nature of the crust 

in the southern Tyrrhenian basin is rather complex. At shallow depths (< 10 km), we observe 

the highest velocities in the central part of the basin, below the Vavilov-Magnaghi basin (5 and 

10 km maps, Figure 2.12 and Figure 2.15). Here, recent active seismological results suggest 

that strong extension in the southern Tyrrhenian resulted in mantle exhumation beneath the 

Vavilov basin (Prada et al., 2014, 2015, 2016) contrary to previous studies suggesting the 

emplacement of an oceanic crust (Duschenes et al., 1986; K. Kastens & Mascle, 1990). Our 

highest velocities at crustal depths (profiles A and B, Figure 2.15) occur below the Vavilov 

basin, which corroborates an exhumed mantle basement below the Vavilov basin (Prada et al., 

2014, 2015, 2016). Integrating our crustal model for the Tyrrhenian basin and margins with 

recent publications (e.g., Prada et al., 2014; Sartori et al., 2004), we see delineation of three 

basement domains in the southern Tyrrhenian suggested by Prada et al., (2014): stretch 

continental crust (beneath Sardinia and Campania margins), oceanic crust (beneath Cornaglia 

and Campania terraces) and exhumed mantle basement (below the Vavilov basin). We interpret 

the structure of the crust under the Marsili basin as oceanic as supported by recent magnetic 

studies (Cocchi et al., 2009; Nicolosi et al., 2006). 

Remarkably, the contrast in shear velocity structure between the northern Tyrrhenian and the 

southern Tyrrhenian in our model coincides approximately with the location of the 41° Parallel 

Line (5 and 10 km maps, Figure 2.12, see also the tomography maps at short periods, Figure 

2.9, Section 2.3.2). The 41° Parallel Line is defined as a regional magnetic and free-air gravity 
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anomaly that is conventionally regarded as separating the northern Tyrrhenian continental 

structure from the heterogeneous structure in the southern Tyrrhenian (Boccaletti et al., 1990; 

Bruno et al., 2000; Cocchi et al., 2016; Rota & Fichera, 1987). The structural significance of 

41° Parallel Line in the geodynamic evolution of the basin is still debated (Bruno et al., 2000; 

Cocchi et al., 2016; Malinverno & Ryan, 1986; Spadini & Wezel, 1994), nevertheless, our 

results provide the first comprehensive seismological evidence for the presence of this 

lithospheric feature. 

 

Figure 2.15 Zoom-in of the crustal velocity model in the Southern Tyrrhenian 
basin. Section A-A’ is along the active seismic profile by Prada et al., (2014). 

In Figure 2.14, we see two expressions of very shallow Moho (~10-12 km) which we infer to 

be related to the different style of rifting that opened the north and south Tyrrhenian basin 

(Faccenna et al., 1997). In the north, we interpret the feature of the shallow Moho oriented 

approximately N-S as the likely expression of the initial eastward retreat of the Adriatic slab 

that caused the opening of the northern Tyrrhenian basin (Faccenna et al., 1997; Malinverno & 
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Ryan, 1986). The second observed shallow Moho feature in Figure 2.14 is oriented 

approximately NW-SE in the south. This feature is clearly the effect of the ESE retreat of the 

Ionian slab which resulted in the opening of the south Tyrrhenian basin (Faccenna et al., 2001; 

Malinverno & Ryan, 1986). 

The most pronounced feature in the upper mantle is the presence of a low velocity zone (LVZ) 

extending from 40 to 80 km and affecting much of the Tyrrhenian basin upper mantle structure 

(Figure 2.13). Similar velocity decrease has been reported in previous models by Greve et al., 

(2014) and Marone et al., (2004). Low velocities in the Tyrrhenian upper mantle likely 

originate from a number of contributing factors. First, asthenospheric upwelling due to 

lithospheric extension in the basin may cause decompressional melts which can explain the 

observed low velocities beneath the basin. Second, the likely presence of a hydrous upper 

mantle structure below the basin due to past subduction and rollback. Last, the effect of mantle 

potential temperature on velocity. 

Generally, variation in seismic velocity simultaneously depends on temperature, pressure, and 

composition and the uncertainty in the estimation of these controlling factors makes it difficult 

to separate their effects on velocity (Deschamps & Trampert, 2003). Nevertheless, seismic 

velocity anomalies in the upper mantle are generally interpreted in terms of temperature, being 

that the effect of temperature on seismic velocity is thought to be greater than other controlling 

factors (Giacomuzzi et al., 2012). Wiens et al., (2006) attributed a significant low velocity zone 

extending from 40 to 100 km depth observed in the shear-velocity structure of four back-arc 

basins to variations in mantle potential temperature, as the observed velocity decrease shows 

no apparent correlation with variation in water content. 

In the Tyrrhenian basin, Greve et al., (2014) explained the velocity decrease from 70 to 110 

km depth range in terms of variations in water content, alluding that temperature plays a smaller 
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role compared to other back-arc basins (Wiens et al., 2006). However, considering that the 

strongest lithospheric extension occurred in the central part, beneath the Vavilov basin 

(Faccenna et al., 2001; Malinverno & Ryan, 1986), we expect the mantle to upwell and 

decompressional melt to occur similar to a mid-ocean ridge system. The low seismic velocities 

observed at shallow depth beneath the Tyrrhenian basin is consistent with such a shallow melt 

zone. We argue that the top of the LVZ at 40 km depth seen in our images (Figure 2.13) 

suggests that in addition to water content variation and temperature, decompressional melts 

contribute to the observed LVZ under the Tyrrhenian basin. 

Volcanism of the Tyrrhenian basin and its margins shows large variations in time and space 

reflecting the complex tectonic history of the region. Igneous activities in the southern 

Tyrrhenian basin emplaced a wide variety of magmatic rocks spanning Mid-Ocean Ridge 

Basalts (MORB)-, Ocean Island Basalts (OIB)-, and Arc- type geochemical signatures 

(Peccerillo, 2017b). This wide range of magmatism point to a variety of mantle sources and 

melting processes (Lustrino et al., 2011; Peccerillo, 2017b; Savelli, 2002). Below the Vavilov 

basin, our images (Figure 2.13) show low velocities extend from 40 to 80 km depth, well within 

the estimated range for primary MORB production based on geochemical considerations (Shen 

& Forsyth, 1995). We infer that the LVZ below the Vavilov basin feeds the Vavilov–Magnaghi 

shallow structures and may perhaps be the source of MORB- and OIB- type magmatic rocks 

found here (K. Kastens & Mascle, 1990; Peccerillo, 2017b). Although the LVZ is a broad 

feature beneath the Tyrrhenian basin (see Profile E, Figure 2.13), it is still interesting that we 

see a conduit-like feature below the Vavilov volcanic complex which appears to connect the 

shallow lithospheric structures to the top of the LVZ at 40 km (Profile C, Figure 2.13). 

Differently from Vavilov, the structure beneath the Marsili seamount is dominated by the high 

velocity Ionian slab (profile C, Figure 2.13), so volcanism here may require a different 

dynamics which may not be related to the observed velocity decrease in the upper mantle. 
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The high velocities observed in our images beneath Calabria and extending under the southeast 

Tyrrhenian basin, point to the Ionian slab subducting below the Calabrian Arc (Profile A-C 

and D, Figure 2.13). Tomography results and intermediate to deep earthquakes define the NW 

subducting slab down to nearly 400 km depth (Chiarabba et al., 2008; Piromallo & Morelli, 

2003). A Subduction-Transform Edge Propagator (STEP, Govers & Wortel, (2005)) laterally 

bounds the distinct edges of the Ionian slab in both the northeast and southwest (Polonia et al., 

2016). In profile F (Figure 2.13), we are likely sampling the southwest edge of the Ionian slab, 

indicated by the clear transition from fast to slower velocities which occur in the proximity of 

the Ionian Fault (Polonia et al., 2016). This is consistent with multichannel seismic experiment 

that shows that the Ionian Fault forms part of a complex deformation zone that bounds the 

southwestern edge of the Calabrian subduction system (Polonia et al., 2016). In the northeast, 

we do not see a clear boundary of the Ionian slab beneath the southern Apennines but rather 

we see a flexing of the fast velocity towards shallow depths (profile F, Figure 2.13). The Sicily-

Tyrrhenian offshore thrust front (Nijholt et al., 2018) which accommodate the Africa-Europe 

plate convergence through thrusting type seismicity and structural data (Billi et al., 2006) and 

connects to the Ionian fault system (Palano et al., 2015) is seen here as a crustal feature affecting 

the Moho topography (Figure 2.14). 

Overall, the geometry of the crust-upper mantle structure beneath our study area is more in 

favour of a dominant present-day Africa-Eurasia convergence rather than a slab retreat 

mechanism that was dominant in the last 30 Myr (Nijholt et al., 2018). The nowadays 

expression of the slab-retreat mechanism is localised at both lateral edges of the Ionian slab, 

on its transition to the Sicilian domain in the southwest and southern Apennines domain in the 

northeast. These two edges delineate the thickest crust in our study area and very well localised 

beneath Calabria known for its low geodetic strain rates (Carafa et al., 2018). 
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2.5 Conclusion 

We determined a 3D shear velocity model for the Tyrrhenian basin from the inversion of 

Rayleigh wave group and phase velocities derived from ambient noise cross-correlations. The 

inversion results indicate a pronounced low shear velocity layer in the uppermost mantle, 

between 40 and ~80 km depth, affecting much of the Tyrrhenian basin. We suggest that this 

low velocity zone is possibly the source of the MORB- and OIB- type magmatic rocks found 

in the Vavilov basin. The lateral extent of our Moho topography model likely reflects the initial 

E-W extension in the northern Tyrrhenian and the successive NW-SE extension in the southern 

Tyrrhenian which resulted in the formation of the basin. The Moho topography mimics the 

extent of the Sardinia, Campania and Sicily margins as well as the Cornaglia and Campania 

terraces and Magnaghi-Vavilov basin which is characterized by high velocity and a very 

shallow Moho likely reflecting mantle unroofing/exhumation. In the Calabrian subduction 

zone, we find evidence for the Ionian slab edges within the crust and uppermost mantle 

structure. This is likely to be associated with tearing to the southwest and flexing (or immature 

tearing) to the northeast, as well as slab narrowing as reported in recent literature. The 3D crust 

and upper mantle model favours a geodynamic setting where the dominant process is the 

Africa-Eurasia convergence while slab retreating seems to be less important but localised 

nowadays beneath Calabria where the thickest crust and highest seismogenesis is reported.  



 42 

3 Lithospheric density structure shows no evidence of plume-
related rifting beneath the southern Tyrrhenian basin 

We jointly analyse shear-wave velocity, surface heat flow, gravity and topography to derive a 
3D lithospheric density model for the Tyrrhenian basin and surrounding region. Here, we 
employ empirical scaling relationships between seismic velocity and density to generate a 
starting 3D density model, which is then iteratively adjusted through a random walk Monte 
Carlo algorithm until it reproduces observe gravity and topography. Our density model, 
extending from the surface to 100 km depth, shows a pronounced ring-shaped low-density 
upper mantle from 50 to 100 km depth. This buoyant upper mantle feature surrounds the entire 
southern Tyrrhenian basin which is delineated by a high-density upper mantle. The observed 
low-velocity but high-density beneath the southern Tyrrhenian basin is likely due to 
compositional variation and suggest that the southern Tyrrhenian basin is unlikely affected by 
hydrous fluids from the subduction system. The absence of a buoyant upper mantle at least to 
the base of our model, suggest that the opening of the southern Tyrrhenian basin may not be 
related to the ascending of low-density asthenospheric material. We image anomalously dense 
upper mantle material from 50 to 100 km below the northern Apennines which likely relates to 
the subduction of the Adriatic lithosphere. 

3.1 Introduction 

The Tyrrhenian basin is a back-arc basin in the central Mediterranean region which opened 

within the general framework of convergence between Africa and the European plates (Dewey 

et al., 1989; Faccenna et al., 2014; Jolivet & Faccenna, 2000; Malinverno & Ryan, 1986). The 

general understanding is that rifting that resulted in the opening of the Tyrrhenian basin 

occurred in two stages (Faccenna et al., 2007). Initially, the northern Tyrrhenian basin opened 

by east-west extension driven by the Adriatic subduction system (Faccenna et al., 2001). The 

southern Tyrrhenian basin opened in the later stage, being triggered by the roll-back of the 

subducting Ionian lithosphere (Faccenna et al., 2001, 2007; Malinverno & Ryan, 1986; Marani 

& Trua, 2002; Pondrelli, 2004). Stronger extension rate in the southern Tyrrhenian basin (up 

to ~5 cm/yr (Peccerillo, 2017b)), further opened two sub-basins (Vavilov and Marsili basins) 

during two phases of rapid trench retreat (Cocchi et al., 2009; Dewey et al., 1989; Faccenna et 

al., 2001, 2007; Kim Kastens et al., 1988; Malinverno & Ryan, 1986; Sartori, 2003; Ventura 

et al., 2013). 
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The intriguing geodynamic history of the Tyrrhenian Sea region has been the focus of many 

studies. It has been well-documented that the northern Tyrrhenian basin is underlain by thinned 

continental crust (e.g., Moeller et al., 2013, 2014). Contrary, the southern Tyrrhenian basin is 

underlain by a complex structure comprising of stretch continental crust, oceanic crust and 

exhumed mantle basement (Kim Kastens et al., 1988; Manu-Marfo et al., 2019; Prada et al., 

2014; Sartori et al., 2004). Recent S-wave velocity models (e.g., Greve et al., 2014; Manu-

Marfo et al., 2019) reveal several interesting features about the Tyrrhenian uppermost mantle. 

In particular, Manu-Marfo et al., (2019) found the presence of a broad low-velocity zone (LVZ) 

whose extent mimics the paleogeographic evolution of the Calabrian Arc. This LVZ affected 

most of the Tyrrhenian basin uppermost mantle between and is interpreted as the possible 

source of magmatism in the Tyrrhenian basin. Greve et al., (2014) found that a nearly ring-

shaped low-velocity zone surrounds the Vavilov basin at depths between 70 and 110 km. 

The Tyrrhenian area is characterized by widespread Cenozoic volcanic activity that shows 

extreme compositional variations in time and space, highlighting the complex geodynamic 

evolution of the region (e.g., Peccerillo, 2017). The southern Tyrrhenian basin host several 

volcanic centres (e.g., Magnaghi, Vavilov, and Marsili) and the Aeolian island arc off the 

northern coast of Sicily. Several hypotheses have been proposed in the literature to explain the 

Cenozoic geodynamic evolution and its relationship with magmatism in the Tyrrhenian area. 

Figure 3.1 shows that a clear correlation exists between the extensional basins in the central 

Mediterranean region (Ligurian-provençal basin and Tyrrhenian basin) and strong positive 

Bouguer regional anomalies. In contrast, long-wavelength negative Bouguer anomalies are 

correlated with the continental margins or small continental fragments (Italian peninsula and 

Sardinia-Corsica microplate). It is well established that many geodynamic processes are either 

directly or indirectly driven by gravity anomalies that arise from spatial variation of rock 
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density inside the Earth. Thus, the density of the crust and lithospheric mantle supports 

topography, reflects variation in temperature and lithology, and generates stress within the 

lithosphere. This makes knowledge of the 3D lithospheric density structure of a region 

essential, as it provides understanding into not only its temperature and composition but also 

into its tectonic evolution and modern stress state. 

 

Figure 3.1 Bouguer gravity anomaly map (after Barzaghi et al., 2002) of the 
central Mediterranean region shows increasing values towards the central 
Tyrrhenian basin. 

Since there is a well-known relationship between seismic velocity and density, many studies 

have long used seismic velocities to estimate the density structure of the lithosphere (e.g., 



 45 

Afonso et al., 2013; Hasterok & Chapman, 2007; Mooney & Kaban, 2010; Sheehan & 

Solomon, 1991). Here, we combine seismic velocity, surface heat flow, gravity, and 

topography to develop a 3D lithospheric density structure beneath the Tyrrhenian basin and its 

surrounding margins. Consecutively, we discuss the rheological variations suggested by this 

density structure and explore their implications for the geodynamic evolution of the Tyrrhenian 

basin and associated magmatism. 

3.2 Density modelling 

Lithospheric density structure is usually modelled from gravity and geoid anomalies. 

Nevertheless, inference of density from gravity or geoid anomalies poses a non-linear inverse 

problem with inherent non-unique solutions. In this regard, a more robust answer to the 

problem is joint inversion with seismic tomography, and other geodynamic data (e.g., 

topography, crustal motion, earth rotation, laboratory experiments, and heat flow). Here, we 

use a well-known empirical scaling relation between seismic velocity and density to provide a 

starting 3D density model. We then employ a Monte Carlo algorithm (Levandowski et al., 

2015) to iteratively adjust the initial density model through a series of random-walks until it 

simultaneously reproduces gravity and topography. 

3.2.1 Initial Crustal Density 

The initial density model of the crust is derived from shear-wave velocities reported by Manu-

Marfo et al., (2019) using well-known regression relation between seismic velocity and density 

(Brocher, 2005; Christensen, 1996): 

𝜌 = −15.84𝑣ab + 209.13𝑣af + −961.94𝑣ah + 1863.36𝑣aB + −1163.00𝑣a + 2153.06 (3.1) 

This velocity-density scaling relation is sensitive to composition but independent of pressure 

and temperature; and is well suited to intermediate composition but overestimate the density 

of felsic rocks and underestimate the density of mafic rocks. 
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Since density and velocity are both sensitive to temperature and composition, and the 

relationship between crustal density and velocity due to temperature variations is different from 

the relation presented in equation 3.1 (Behn & Kelemen, 2003; Levandowski et al., 2013), we 

apply a temperature correction factor to the density estimates from equation 3.1. 

To illustrate the effect of temperature variation on density, consider a crustal material with a 

density of 2800 kg/m3, vs of 3.6 km/s, vp/vs of 1.78, coefficient of thermal expansion of 

2.5×10−5/◦C, and ∂vp/∂T of 0.5 m/s per °C (Christensen & Mooney, 1995). A 100 °C 

temperature increase will decrease density by ~7.25 kg/m3 and shear-wave velocity by ~0.03 

km/s. However, if a similar velocity decrease is observed due to composition, then from 

equation 3.1, this will translate into a density decrease of about 17.6 kg/m3. Thus, a temperature 

increase of 100 °C results in a density underestimate of ~10 kg/m3 (~0.1 kg/m3 per °C). 

Consequently, hot material is denser than estimated from equation 3.1 and cold material is less 

dense than predicted. 

Hence, after scaling crustal velocities to density using equation 3.1, we apply a correction 

factor to account for the departure of the estimated density from an arbitrary reference crustal 

geotherm (here we use a geotherm of 15 °C/km following Levandowski et al., (2015)) using 

observed surface heat flow data for the Tyrrhenian region (e.g., Della Vedova et al., 1984; Zito 

et al., 2003). 

Following Levandowski et al., (2015), we compute the temperature correction factor as 

∆𝑇(𝑧) =
𝑧𝑞
𝑘 − 𝑇mno(𝑧) (3.2) 

where z is the depth, k is conductivity, assumed here to be uniform 3 W/m◦C. Then the initial 

crustal density model corrected for the effect of temperature variation is given by: 
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𝜌 = 𝜌; + 0.1 ∙ 	∆𝑇(𝑧) (3.3) 

where 𝜌; is the density estimated from equation 3.1. 

High crustal temperatures observed in the Tyrrhenian region (Della Vedova et al., 1984; Zito 

et al., 2003) suggest melts may be present. The presences of melt have a strong effect on shear-

wave velocity but not so much on density. For instance, the presence of 1% partial melt lowers 

shear-wave velocity by 7.9% (Hammond & Humphreys, 2000) but lowers bulk density by 

0.12% (Humphreys & Dueker, 1994). Consequently, the density of melt-bearing crust is much 

greater than estimated from seismic velocity and surface heat flow data (using equations 3.1-

3.3). If we consider a region with an initial shear-wave velocity of 3.7 km/s that undergoes 1% 

melting such that velocity decreases to 3.4 km/s. In this case, equation 3.1 estimates densities 

of 2842 kg/m3 and 2680 kg/m3 from these velocities, even though there is no significant 

change in density due to partial melting. Thus from equation 3.1, a shear-wave velocity change 

due to the presence of 1% melting will cause us to underestimate density by some 162 kg/m3. 

3.2.2 Initial Mantle Density 

Mantle densities and velocities also vary laterally as functions of temperature and composition. 

But because these factors are not fully independent, the uncertainty in their estimation makes 

it difficult to separate their effects from seismic tomography alone (Deschamps & Trampert, 

2003; Mooney & Kaban, 2010). Here, we assume that the starting density model accounts for 

temperature variation but insensitive to compositional variation, by assuming that lateral 

velocity changes come about due to variation in temperature and that the mantle is isochemical 

(e.g., Deng et al., 2017; Levandowski et al., 2015). We use published estimates of bulk and 

shear moduli and their pressure- and temperature-derivatives along with temperature-

dependent thermal expansivities for olivine, garnet, spinel, orthopyroxene, and clinopyroxene 

to estimate elastic S-velocity as a function of temperature. Then, we account for anelastic 
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reductions of velocity by calculating the Laplace transform of the temperature-, pressure-, and 

seismic-period-dependent creep function (Levandowski et al., 2015). 

Accounting for a wide range of mantle minerals, a velocity perturbation in the mantle scales to 

density perturbation as: 

∆𝜌 = 	∆𝑣a 	×	D7.3 −	
𝑧

100	𝑘𝑚 +	
∆𝑣a
4 F ;	∆𝑣a 	≤ 6% (3.4a) 

 

∆𝜌 = 	∆𝑣a 	×	D8.8 −	
𝑧

100	𝑘𝑚 +	
7(∆𝑣a − 6)

40 F ;	∆𝑣a 	≥ 6% 
(3.3.4ab) 

Where 𝑣v= 4.4 km/s; 𝜌v= 3200 kg/m3 are assumed to be the reference velocity and density at 

the solidus respectively and the velocity perturbation (∆𝑣a) relative to the solidus velocity (𝑣v) 

is given by: 

∆𝑣a = 	
(𝑣a − 𝑣;)

𝑣;
× 100 (3.3.4ac) 

Since the reference is meant to be the solidus (i.e., assuming that the adiabatic temperature in 

the asthenosphere is quite near the solidus), velocities below 𝑣v may reflect increasing melt 

content, which does not affect density. Therefore, there is a final implicit segment of the 

piecewise-continuous velocity-density relationship: 

∆𝜌 = 0;																											∆𝑣a ≤ 0% (3.3.4ad) 

This velocity-density scaling relation is relatively insensitive to compositional variation, even 

though compositional variation is the most important likely difference between fertile and melt-

depleted upper mantle (e.g., Godey et al., 2004). Melt extraction preferentially removes iron, 

volatiles, aluminous phases such as garnet and spinel, leaving behind a dry residue mantle 

enriched in olive and magnesium. Empirical correlations among Mg# (Mg# =[Mg]/[Mg + Fe]), 

seismic velocity, and density (Schutt & Lesher, 2010) suggest that a unit increase in Mg# 
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correlates with a 0.4-0.5% (13 kg/m3) decrease in density and a 0.25-0.45% (~0.015 km/s) 

increase in velocity. Since the latter would translate as a 2 kg/m density increase, a unit increase 

in Mg# results in a density overestimate of 15 kg/m3 assuming that all velocity variations are 

thermal in origin, equation 3.4a. 

 

Figure 3.2 Initial density variations estimated from seismic velocity and 
temperature.. The mean (located at the bottom left corner) is removed from each 
layer for ease of comparison. 

Similarly, hydration of mantle peridotite results in decreasing seismic velocity but also 

drastically lowers density (Christensen, 2004). A 0.5% (∼16 kg/m3) decrease in density is 

associated with each 1% decrease in velocity. The density decrease associated with 1% 

hydration-induced slowing is twice as great as the decrease in density associated with 1% 

temperature-induced slowing (Christensen, 2004). As a result, scaling seismic velocity to 

density assuming that observed mantle seismic velocity variation reflects solely lateral 
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temperature heterogeneities should lead to underestimated values of density in areas of hydrous 

mantle lithosphere. 

3.2.3 Refining the density model 

The initial density model derived from equations 3.1 - 3.4a is interpolated on a 50 × 50 km 

grid that extends well beyond the study area to minimize edge effects. The lithosphere is 

divided into 24 laterally varying layers: surface to sea level (defined at the depth at 0 km), 5 

layers of 2 km thickness from sea level to 10 km, and 5 km thick layers from 10 km to 100 km 

depth, with each cell, have a uniform density. 

The initial density model predicts local isostatic topography, E as (Lachenbruch & Morgan, 

1990): 

𝐸 = 𝐻 − 𝐻;; 											𝐻 = +
𝜌z − 𝜌(𝑧)

𝜌z
𝑑𝑧

{|

;

 (3.5) 

H0 is a correction term of 2.4 km to achieve isostatic equilibrium with an asthenospheric 

column. Local buoyancy is controlled by lithospheric flexural strength. Convolution of E with 

the flexural filter of the lithosphere, F, accounts for flexural smoothing and produce the 

smoothed surface elevation field εpredicted that is predicted by the 3D lithospheric density model: 

𝜀~mn����n� = 𝐸 ∙ 𝐹 (3.6) 

Here, F is a system of zero-order Kelvin–Bessel functions (Watts, 2001) based on the elastic 

thickness across the study region (e.g., Kaban et al., 2018). Similarly, the convolution of 

observed surface elevations with F produces a smoothed elevation field, εobserved. For the 

estimated lithospheric density structure to be plausible, εpredicted must match εobserved 

within some tolerance. 



 51 

 

Figure 3.3 Density adjustments made to the seismically estimated densities shown 
in Figure 3.2 in order to  reproduce gravity and topography. 

Usually, the gravity and topography variations predicted by the initial density model differ 

from observations. The residual gravity (Gr) and topography (Hr) which  highlight these 

inconsistencies between the observations and predicted values is computed as: 

𝐺m = 𝐺v�anm�n� − 𝐺~mn����n�;									𝐻m = 𝜀~mn����n� − 𝜀v�anm�n�  (3.7) 

That given the failure of the initial density model to recover observed gravity and topography, 

we employ a random-walk Monte Carlo algorithm by Levandowski et al., (2015), which 

iteratively refines the initial 3D density model until gravity and topography are simultaneously 

reproduced to within 10 mGal and 100 m at all points in the study area. 
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Because gravity and topography are inherently non-unique functions of the 3D density 

structure, we conduct more than 2000  Monte Carlo simulations and present the mean model 

across all the plausible density models in Figure 3.4. Figure 3.3 shows the mean adjustment 

made to the initial starting model. At short wavelengths, these adjustments may represent 

features below the resolution of the shear-wave velocity model. However, broad adjustments 

possibly reflect compositional variation in the mantle lithosphere and anomalous vp/vs ratios in 

the crust (since the starting model systematically underestimate and overestimate the density 

of mafic and felsic rocks respectively). 

3.3 Results 

3.3.1 Tyrrhenian basin 

The crust beneath the southern Tyrrhenian basin is complex (comprising of stretched 

continental crust, oceanic crusts, and exhumed mantle basement (e.g., Manu-Marfo et al., 2019; 

Prada et al., 2014)) and both Vs and density at 0-6 km reflect these characteristics. Figure 3.2a 

and Figure 3.4a shows a high-density material oriented NW-SE below the southern Tyrrhenian 

basin, although the density model (Figure 3.4) predicts a much less dense material than Vs 

(Figure 3.2). Extension in the southern Tyrrhenian basin has been accompanied by thinning to 

complete break-up of the crust, volcanic activity and high heat flow. The observed high heat 

flow values in the southern Tyrrhenian basin, > 150 mW/m2 (Della Vedova et al., 1984; Zito 

et al., 2003), suggest that the high-velocity, high-density feature observe here is more related 

to composition. 

The northern Tyrrhenian basin which lies between Corsica and the northern Apennines has a 

moderately thinned continental crust and its evolution is not related to the Ionian subduction. 

Here, both Vs (Figure 3.2a) and density (Figure 3.4a) show a less dense material that extends 

from the eastern coast of Corsica to the coast of Tuscany.  
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Between 10 and 20 km depth (Figure 3.4b), a much broader high-density body is observed here 

that extend from the north to south Tyrrhenian basin. Similar densities are observed in the 

Ligurian-Provençal basin which leads us to infer that this high-density feature corresponds to 

uppermost mantle below the extensional basin. The Moho depth is ~10 km in the southern 

Tyrrhenian basin and about 16 km below the northern Tyrrhenian basin (Di Stefano et al., 2011; 

Manu-Marfo et al., 2019; Moeller et al., 2013). The patch of high-density beneath the northern 

Tyrrhenian basin at depths between 25 and 40 km (Figure 3.2c and Figure 3.4c) may be related 

to the post-orogenic granitoids found in the northern Tyrrhenian basin (Savelli, 2015). 

High-density mantle bounds the southern Tyrrhenian basin from 50 to 100 km depth. In 

contrast, a low-density mantle is imaged below the northern Tyrrhenian basin, Sardinia-

Corsica, the Italian peninsula, and North Africa, thus forming sort of a ring-shape low-density 

anomaly around the high-density mantle beneath the southern Tyrrhenian basin. Similar ring-

shape anomaly patterns have been observed in previous seismological studies (e.g., Greve et 

al., 2014; Manu-Marfo et al., 2019; Marone et al., 2004) but on a smaller spatial scale. 

3.3.2 Apennines 

We image a dense upper crust along the Apenninic orogenic belt from Calabria to Tuscany 

(Figure 3.4a). The Po plain basin located north of the northern Apennines and south of the Alps 

host sediments to depths of about 5-11 km, and although not seen on the Vs, the density at 0-6 

km depth (Figure 3.4) reflect this material. Recent seismicity and geodetic studies about the 

lithospheric deformation in the central Mediterranean have shown that extension occurs along 

the Apennines from Calabria to Tuscany and shortening occur in Sicily and the eastern Alps 

(D’Agostino et al., 2008; Faccenna et al., 2014). 
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Figure 3.4 Average final density model at the depths shown. The mean (bottom 
left corner) has been removed from each layer. Cross sections A, B, C, and D are 
shown in Figure 3.6. 

In the lower crust (Figure 3.4c) we see a continuous belt of low-density mirroring the 

Apenninic orogenic belt from the northern Apennines to Calabria. The crustal thickness below 

the Apennine orogeny ranges from 30 km to >50 km in some areas (Manu-Marfo et al., 2019; 

Piana Agostinetti & Amato, 2009; Spada et al., 2013). It is likely that the spot of buoyant 

material dotted along the Apennine mountain range (Figure 3.4c) reflects areas with deep 

crustal roots. 

The mantle below the central and southern Apennines is less dense particularly beneath 

Tuscany and the along the western margin of the Italian peninsula down to Campania. 

Contrarily, the northern Apennines overlie a dense mantle (Figure 3.4d-f), and this feature may 
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be related to the subduction of the Adriatic slab beneath the northern Apennines (Di Stefano et 

al., 2009). 

3.3.3 Adriatic and Dinarides 

Because the Adriatic and Dinarides areas are not well resolved by the seismic velocity model 

(Manu-Marfo et al., 2019), our initial model (Figure 3.2) shows a relatively uniform structure 

from the Apennines to the Dinarides, inconsistent with known structural heterogeneities 

observed in high resolution seismic studies (e.g., Mele et al., 1998; Yang et al., 2007). 

Nevertheless, this uniform structure observed in the initial model is almost entirely replaced, 

owing to the density refinement that jointly utilises seismic, gravity and topography data to 

constrain the final density model (Figure 3.4). 

The most prominent feature of the upper mantle below the Dinarides is the broad low-density 

characteristics of the mantle (Figure 3.4d-f). The crust below the Dinarides is thick (e.g., 

Stipčević et al., 2011) and this buoyancy is manifested in the low densities observed from 25 

to 40 km depth (Figure 3.4c). 

High-density mantle bounds the northern Adriatic Sea from 50 to 70 km depth (Figure 3.4d). 

This high-density anomaly appears to broaden beneath the Po basin and the northern Apennines 

(Figure 3.4d-e). At mid-lower crustal depth (Figure 3.4b-c), the Adriatic Sea shows low-density 

characteristics in the northern sector and relatively high-density characteristics in the south. 

Recent seismicity and geodetic evidence (e.g., D’Agostino et al., 2008) suggest that the 

Adriatic promontory is fragmented into two submicroplates. The first is the Adria microplate 

which includes the northern Adriatic Sea region and the Po plain basin, and the second 

microplate includes the Apulian promontory, the Ionian Sea, and possibly the Hyblean region 

in southern Sicily and these two submicroplates rotate in such a way as to accommodate the 

Eurasia-African relative motion.  
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Figure 3.5 a) Observed Bouguer gravity anomaly vs b) Bouguer gravity anomaly 
computed from the final density model shown in Figure 3.4. 

3.3.4 Sardinia-Corsica block 

The upper mantle beneath the Sardinia-Corsica block show low-density characteristics, 

marking the western extent of the buoyant material that surrounds the southern Tyrrhenian 

basin (Figure 3.4d-e). Different from the upper mantle, the crust below the Sardinia-Corsica 

block is not anomalous compared with the rest of the region (Figure 3.4a-c). 

3.3.5 Ligurian-Provençal basin and the Ionian Sea 

The Ionian Sea has been described as the last remaining segment of the Mesozoic oceanic 

lithosphere subduction in the central Mediterranean (D’Agostino et al., 2008; Faccenna et al., 

2001; Jolivet & Faccenna, 2000; Speranza et al., 2012). Figure 3.4 shows that the Ionian Sea 

and the Ligurian-Provençal basin are mapped as high-density areas from 25 to 100 km depth. 

Oceanic lithospheres such as the Philippine Sea and the Pacific Sea have been mapped by 

similar high-density mantles (e.g., Li et al., 2014). 
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3.4 Discussion 

The 3D density model of the lithosphere below the Tyrrhenian region shows strong lateral 

variations in the crust and uppermost mantle that are related to the complex tectonic evolution 

of the study area. The density structure of the lithosphere generally mirrors seismic velocities, 

however, it is essential that this density structure reproduce observed gravity anomalies. Whiles 

we observe  some inconsistencies between the velocity model (Figure 3.2) and density model 

(Figure 3.4) particularly in the mantle, the density model is able to recover most of the observed 

gravity anomalies in the study area (Figure 3.5). Thus, the concordance between the observed 

and predicted gravity anomalies provide a good confidence in the density model. 

Two striking features highlighted by the model (Figure 3.4) are the dense mantle material that 

delineates the entire southern Tyrrhenian basin between 50 and 100 km depth and the ring-

shaped low-density material that roughly surrounds it. 

It is reasonable to think that the Tyrrhenian mantle contains water due to the evolution of the 

Adriatic-Ionian subduction system which may have caused hydrous fluids produced by the 

subducted slab to contaminate the mantle. Such a hydrated mantle could decrease velocity but 

drastically decrease density, by approximately 16 kg/m3 for each corresponding 1% reduction 

in velocity (e.g., Christensen, 2004; Hacker & Abers, 2004). Below the northern Tyrrhenian 

basin, Sardinia-Corsica block and Tuscany, we find that density values are less than we initially 

estimated (Figure 3.2), and we suggest that the observed low-density anomaly most possibly 

reflect a hydrated mantle. We, however, do not discard the possibility that the low-density 

characteristics below Tuscany and possibly Sardinia may be due to upwelling of a low-density 

asthenosphere which may have connections with the volcanism in these areas (Peccerillo, 

2017a). 
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Below the southern Tyrrhenian basin, we observe a low-velocity (Figure 3.2) but high-density 

(Figure 3.4) upper mantle. Seismic velocities in the upper mantle mainly reflect its temperature 

regime and hence the absence of a direct relationship between seismic velocity and density 

suggest that the observed high-density characterises is likely related to compositional variation. 

Contrary to the northern Tyrrhenian basin, where extension was accompanied by crustal 

thinning, the opening of the southern Tyrrhenian basin was accompanied by oceanic basin 

formation resulting from the rapid roll-back of the retreating slab (Faccenna et al., 2001; 

Malinverno & Ryan, 1986; Sartori, 2003; Ventura et al., 2013). From paleogeographic 

evolution of the Calabrian subduction system, one could expect that the southern Tyrrhenian 

basin mantle is contaminated with water which will cause the density to decrease. However, it 

is likely that the concentration of fluids is low due to the fast roll-back of the slab during the 

opening of the southern Tyrrhenian basin, causing a large influx of mantle material not affected 

by subduction. 

The geodynamics and magmatism of the Tyrrhenian region is complex and different 

hypotheses have been proposed to explain the Cenozoic geodynamic evolution and its 

relationship with magmatism in the Tyrrhenian region. One such hypothesis explains the 

evolution and magmatism in the Tyrrhenian area as due to upwelling of deep-rooted mantle 

plume impinging upon the lithosphere (e.g., K. Bell et al., 2013; Keith Bell et al., 2004; 

Vollmer, 1976). Locardi & Nicolich, (1988) proposed upwelling of soft, low-density mantle 

rocks as an active mechanism of formation of the Tyrrhenian basin and associated magmatism. 

Unless such a low-density mantle is only present below 100 km depth beneath the southern 

Tyrrhenian basin, this prediction is at odds with the density model as we image dense mantle 

below the southern Tyrrhenian basin (Figure 3.6). 
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Figure 3.6 Cross-sections through the average final density model. Profile 
locations are shown on Figure 3.4e. The lines at 40 km are used to divide the 
density anomaly into two parts with different colour scales (±200 kg/m3 for the 
upper part, ±60 kg/m3 for the lower part). 

3.5 Conclusion 

We have derived a 3D image of lithospheric density below the Tyrrhenian region from seismic 

velocity, surface heat flow, gravity and topography models. Here, we employ a Monte Carlo 

algorithm to iteratively refine the initial density model obtain from seismic velocity until it 

reproduces gravity and topography. The final 3D lithospheric density model shows that the 

density of the lithosphere below the Tyrrhenian region is heterogenous plausibly due to the 

complex geodynamic evolution of the central Mediterranean region. 

We find a nearly ring-shape low-density mantle that appears to surround the southern 

Tyrrhenian basin. We suggest that this buoyant material is the result of hydration of the mantle 

by subduction-derived fluids but we however do not rule out the possibility that this buoyant 

material may be due to asthenospheric upwelling. 
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Along the Apennines, we image a nearly continuous band of low-density material in the lower 

crust from Calabria to the northern Apennines, mirroring the deep roots of the Apenninic 

orogenic belt. We found different density anomalies bound the Adria microplate and the newly 

defined Apulia microplate in the Adriatic Sea. 

We observed high-density characteristics beneath the southern Tyrrhenian basin similar to the 

density structure below the Ionian and Ligurian-Provençal oceanic lithospheres. The absence 

of a buoyant upper mantle at least to the base of our model, suggest that the opening of the 

southern Tyrrhenian basin may not be due to the ascending of low-density asthenospheric 

material.  
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4 Dynamics of the active deformation beneath the Tyrrhenian 
basin and surrounding margins 

The Lithospheric deformation, mantle flow, and tectonic stress state in the Tyrrhenian region 

are influenced by the structure, density, and effective viscosity of the crust and uppermost 

mantle beneath the basin. Here, we estimate the contribution of buoyancy forces to the regional 

dynamics by developing a 3D Pylith finite-element model to compute the contemporary 

lithospheric flow field below the Tyrrhenian basin and surrounding margins. We use as input, 

viscosity and density models derived from S-wave seismic velocities. The modelled lithospheric 

flow pattern is consistent with the northeast-oriented motion of the lithosphere and is in 

agreement with geodetic measurements. The flow pattern can explain the heat flux, the regional 

geology and magmatism in the Tyrrhenian basin and provides new insights into the dynamic 

deformation beneath back-arc basins. However, the nearly null horizontal velocities we found 

suggest that deformation within the Tyrrhenian region may also require the African-Eurasian 

plate convergence in addition to buoyancy forces to complete the picture. 

4.1 Introduction 

The Tyrrhenian region lies at the foot of a complex plate boundary that has been shaped by the 

interplay between the African and Eurasian plates which converge at a velocity of a few mm/yr 

(e.g., Chiarabba et al., 2015; D’Agostino et al., 2008; Nocquet, 2012; Serpelloni et al., 2005). 

Deformation within this plate boundary is complex and cannot be easily related to the motion 

of the main plates. For instance, recent seismological, geological and geodetic data points to 

the fact that the Adriatic microplate moves perpendicular to the motion of the African and 

Eurasian plates (e.g., D’Agostino et al., 2008; Nocquet, 2012) and that the crust-upper mantle 

structure beneath central Italy supports delamination processes and sinking of the continental 

lithosphere beneath the Apennine mountain belt (e.g., Aoudia et al., 2007; Chiarabba et al., 

2015). Distribution of seismicity and focal mechanisms shows that deformation is mainly 
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dominated by extension along the Apennines from Calabria to Tuscany and shortening in Sicily 

and beneath the southeastern Alps. 

Although external forces have been crucial in the geodynamic evolution of the Tyrrhenian 

region, here, we investigate the contribution of buoyancy forces to the ongoing slow and 

complex lithospheric deformations in the Tyrrhenian area. To this end, we model the 

contemporary lithosphere flow field below the Tyrrhenian region making use of a recent 

highly-resolved seismic velocity model (Manu-Marfo et al., 2019). We use the finite-element 

Pylith code and include the effect of body forces on vertical direction to compute the buoyancy 

driven flow due to density variation within the lithosphere. The modelled flow field can explain 

the magmatism and geodynamic evolution of the Tyrrhenian basin, thus suggesting that 

buoyancy forces contribute to the deformation in the Tyrrhenian area. 

4.2 Ambient noise tomography 

Knowledge of the 3D lithosphere structure below the Tyrrhenian area is essential, as it provides 

insight into geophysical processes such as seismicity, the modern state of stress, and 

unravelling past tectonic history of the region. Geophysical investigations such as seismic 

tomography and gravimetric studies provides a means of gaining information about the 

properties of the crust and upper mantle that otherwise are inaccessible for direct measurement. 

In this regard, the Tyrrhenian basin and surrounding margins have been studied by means of 

ambient noise surface wave tomography (e.g., Manu-Marfo et al., 2019). 
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Figure 4.1 S-wave velocity model for the study area. 

The Rayleigh wave dispersion curves determined from the ambient noise cross-correlation 

range from 5 to 50 s, sensitive to the S-wave velocity structure down to about 100 km (Manu-

Marfo et al., 2019). The lateral resolution of the dispersion data is variable across the study 

area, with resolution deteriorating west of the study area due to few seismic stations located in 

that area. Estimating the S-wave velocity from the dispersion data involved a two-step 

inversion process. First, the dispersion data extracted from the ambient noise cross-correlation 

is used to produce 2D tomography maps employing the tomography technique of Yanovskaya 
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& Ditmar, (1990). In the second step, local dispersion curves extracted from the 2D 

tomography maps at each node of a 0.5° × 0.5° grid (comparable with the average resolution 

of the dispersion data) are inverted for the S-wave velocity-depth profiles employing a non-

linear Bayesian inversion method (Dettmer & Dosso, 2012; Manu-Marfo et al., 2019; Pachhai 

et al., 2014, 2015). Examples of S-wave velocity models for the study area are shown in Figure 

4.1. 

To summarize the result (for detail see Chapter 2), the velocity model shows that the Vavilov 

basin is likely underlain by exhumed mantle basement rather than an oceanic basement (Figure 

4.1). In the mantle, the presence of a broad low velocity zone is observed between 40 and 80 

km depth affecting much of the Tyrrhenian basin uppermost mantle (Figure 4.1). The crustal 

thickness varies from ~10 km below the southern Tyrrhenian basin to about 55 km below 

Calabria and the northern Apennines (Figure 4.1). 

4.3 Numerical model description and computational approach 

We use lithospheric density distribution and viscosity as input for a 3D Pylith finite-element 

model (Aagaard et al., 2013). We use the Trelis software (www.csimsoft.com/trelis) to develop 

a 3D mesh with dimension 1888 × 1222 km and 200 km deep, divided into hexahedral elements 

with horizontal spacing of 25 km and 5 km along depth. A single Maxwell’s viscoelastic 

material is define for both the crust and the mantle and we apply Dirichlet boundary conditions 

(that is, no motion across the boundary, but free boundary-parallel slip) on the sides and bottom 

of this domain. 

In this model domain, we consider an inhomogeneous viscous flow in the presence of gravity. 

The flow is described by the momentum (stokes) equation 
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−∇𝛲 + div�𝜂(𝐱)𝑒��} + 	𝜌(𝐱)𝑔 = 0 (4.1) 

and the incompressibility condition 

div	𝑢 = 	
𝜕𝑢N
𝜕𝑥N

+
𝜕𝑢B
𝜕𝑥B

+
𝜕𝑢h
𝜕𝑥h

= 0 
(4.2) 

where P is pressure, h is viscosity, r is density, x=(x1,x2,x3) are the Cartesian coordinates, 

u=(u1,u2,u3) is the velocity, 𝑒�� = 0.5(���
���

+ ���
���
) is the strain rate tensor, g is the acceleration 

due to gravity. The density r(x) and viscosity h(x) are prescribed according to the density and 

viscosity models discuss in section 4.4 below. 

We compute the initial stresses from the following relation 

𝜎{{ = 𝜌�𝑔ℎ (4.3) 

where 𝜌� represent the average density of each layer when the density model is parameterise 

into a set of layers, g is the gravitational acceleration and h is the depth of the layer. As 

mentioned in the Pylith 2.1.4 user manual (page 161), an initial hydrostatic stress equal to 

average lithostatic pressure as a function of depth is used to prevent the large initial 

displacement when gravity is “turned on”. We specify 𝜌 ∙ 𝑔 ∙ ℎ as the initial stress state (i.e 

lithostatic) to all normal stress components, which is an appropriate condition for many tectonic 

problems in the absence of tectonic stresses. This initial condition mirrors the theoretical 

framework of McGarr, (1988). 

We tested variations in the model geometry and rheology by defining different mesh sizes and 

including for example an elastic crustal material above a viscoelastic mantle. We found that 

these variations have negligible effects on the results. 

The 2D models shown in Figure 4.2 and Error! Reference source not found. are identical 

except that the mesh size is 1200 by 200 km and the elements size is 5 × 5 km. 
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4.4 Results and Discussion 

As mentioned in the previous section, the computation of the lithospheric flow field requires 

two fundamental inputs; lithospheric viscosity and density distribution. We explore the 

sensitivity of the lithospheric flow field by defining different inferences of lithospheric 

viscosity and density anomalies. 

4.4.1 Effect of Viscosity 

An important physical parameter in numerical modelling is viscosity, albeit it is the least well 

constrained property. Viscosity is responsible for strengthening or weakening Earth’s rocks 

and also influences the stress state. Here, we considered three lithospheric viscosity profiles. 

We define a very simple viscosity profile for the first (V1) and second (V2) viscosity models. 

For model V1, we assign a viscosity of 1024 Pa s for the crust and a viscosity of 1022 Pa s for 

the mantle layer. Model V2 has a viscosity of 1023 Pa s for the crust and 1021 Pa s for the mantle. 

The viscosity model V3 is rather complex, as we prescribe the viscosity values according to 

the S-wave velocity model. Following Aoudia et al., (2007) and Ismail-Zadeh et al., (2010), 

we adopt the following values for V3: 1023 Pa s (upper crust), 1019 Pa s (lower crust), 1021 Pa 

s (lithosphere), 1022 Pa s (high-velocity lithosphere), and 1019 Pa s (low-velocity uppermost 

mantle). 

To illustrate the influence of these differing inferences of lithospheric viscosity, we compute 

the lithospheric flow along a 2D profile (for computational ease) using density model D1 

(discuss in section 4.4.2 below). 

Figure 4.2 shows that a similar flow pattern is predicted irrespective of the viscosity profile 

used. For all three viscosity models considered, we observe upwelling of the mantle in the 

central Tyrrhenian basin and downwelling of the mantle below Calabria and Corsica. From 
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other test carried out (not shown here), we noticed that the flow field pattern is mostly 

controlled by the density heterogeneities and viscosity only affects the magnitude of the flow 

velocity. 

 

Figure 4.2 Predicted flow field along a 2D profile (cross-section A) considering 
different lithospheric viscosity models. Note that the magnitudes of the vectors 
have been scaled up for visualization. 

Since, the flow orientation does not change much for the different viscosity models, we use the 

viscosity model V1 for all further computation of the flow field. 

4.4.2 Effect of Density 

Although in section 4.4.1 above, we explored the effect of using different viscosity models, we 

focus here on the crucially important issue of using a geodynamically consistent model of the 

3D lithospheric density distribution. This is because the heterogeneity of the Earth’s density 

structure is one of the main factors that controls geodynamics processes that shape the Earth. 
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However, obtaining the 3D lithospheric density distribution in a region is nontrivial, as density 

variation depends on many factors like temperature, pressure, and composition (both chemical 

and mineralogical). Here, we consider two different density models, both derived from seismic 

velocity models for the Tyrrhenian region (see section 4.2 above). 

 

Figure 4.3 Horizontal slices of the 3D density model (D1) estimated from seismic 
velocity using the Nafe-Drake scaling relation (Ludwig et al., 1970). 

The classical procedure for estimating the 3D lithospheric density structure from seismic 

velocity models is to use empirical relationship to rescale seismic velocity anomalies into 

equivalent density anomalies. To this end, we derive the first density model, D1 (Figure 4.3), 

by converting the seismic velocity model into density using the Nafe-Drake empirical 

relationship (Ludwig et al., 1970). The second density model, D2 (Figure 3.4) is derived by 

combining seismic velocity, heat flow, gravity and topography data (see chapter 3 of this thesis 

for details about this model). 
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While lithospheric density structure generally mirrors the seismic velocity anomalies, it is 

important that such density distribution reproduce observed gravity anomalies. To investigate 

how well we constrain these two lithospheric density models (D1 and D2), we compute the 

gravity anomalies that arise from these density models and compare them with observe 

Bouguer anomalies (Barzaghi et al., 2002). The result is shown in Figure 3.5 and Figure 4.4. 

 

Figure 4.4 Observed Bouguer gravity anomaly vs Bouguer gravity anomaly 
computed from the density model D1 shown in Figure 4.3. 

We show the modelled crust and mantle flow field as projections onto horizontal slices of the 

3D domain (Figure 4.5 and Figure 4.6) and along 2D profiles (Error! Reference source not 

found.). Note that we only show the numerical results within the study region. In the following, 

we compare the predictions of the lithospheric flow based on the seismic-only derived density 

model D1 with those based on the joint seismic-gravity-topography derived density model D2 

mentioned above. 
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The predicted horizontal flow field from both density models (Figure 4.5 and Figure 4.6) 

indicates that the lithosphere beneath the Tyrrhenian region moves predominantly towards the 

northeast with a maximum horizontal velocity <1.0 mm/yr. The overall direction of flow 

observed in both models agrees with previous studies although the maximum horizontal 

velocity is small in our model compared with the previous results (e.g., Ismail-Zadeh et al., 

2010). 

 

Figure 4.5 Predicted flow fields presented on horizontal slices at four different 
depths in the lithosphere. The lithosphere buoyancy distribution is given by model 
D1. 
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The flow field predicted from density model D1 shows a consistent pattern in both the crust 

and the uppermost mantle as the orientation  of the flow field remains relatively constant at all 

the depth slices show in Figure 4.5. In contrast, the flow field predicted using density model 

D2 (Figure 4.6) changes orientation below 50 km depth in the central Tyrrhenian basin 

probably because of the differences in densities between the crust and the uppermost mantle. 

Although the flow orientation changes, we do not envisage lithospheric decoupling here. 

 

Figure 4.6 Predicted flow fields presented on horizontal slices at four different 
depths in the lithosphere. The lithosphere buoyancy distribution is given by model 
D2. 
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Along 2D profiles, the flow predicted by model D1 show upwelling of the mantle beneath the 

central Tyrrhenian basin, Sardinia and Tuscany. Downwelling of the mantle occur below the 

Apennines, Corsica, Sicily and the Aeolian Islands (Error! Reference source not found.a-d). 

The downwelling beneath Sicily and the Aeolian Islands is likely associated with the high-

velocity slab subduction beneath the Calabrian Arc. Upwelling beneath the central Tyrrhenian 

basin may be associated with lithospheric extension observed in the Tyrrhenian area. Thus the 

observed upwelling and downwelling in Error! Reference source not found.a-d  are very 

reasonable patterns of lithospheric flow and are in agreement with the structure of the Earth 

and the distribution of volcanic complex in the study area (Panza et al., 2004, 2007; Peccerillo, 

2017b). 

In contrast, the flow pattern predicted by the density model D2 show downwelling below the 

central Tyrrhenian basin and upwelling below Sicily and the Aeolian arc (Error! Reference 

source not found.e-h). The reversal of the flow field in the central Tyrrhenian basin 

corresponds to the presence of an anomalous high-density uppermost mantle beneath the 

southern Tyrrhenian basin (Figure 3.4). 

The downwelling of the lithosphere beneath the central Tyrrhenian basin predicted by the 

density model D2 appears to contradict the general understanding of mantle uprooting below 

the Tyrrhenian basin. However, considering that recent seismic tomographic studies have 

shown a relatively high-velocity mantle beneath the central Tyrrhenian (e.g., Greve et al., 2014; 

Marone et al., 2004), this lithospheric flow pattern may correspond to the contemporary flow 

of the lithosphere in the southern Tyrrhenian basin. Although the southern Tyrrhenian basin 

opened as a result of backarc extension, Serpelloni et al., (2005) have shown that data from 

GPS stations located in the Tyrrhenian area show no significant elongation, suggesting that 



 73 

backarc extension, which characterised the evolution of the Tyrrhenian region (Faccenna et al., 

2001; Malinverno & Ryan, 1986) is no longer active. 

 

Figure 4.7 Predicted flow fields along 2D profiles form density model D1 (left panel) 
and D2 (right panel). The location of the cross-sections are shown in Figure 4.2. 
Note that the magnitudes of the vectors have been scaled up for visualization. 

Overall, the flow field predicted based on the density model D1 show consistent results that 

agrees with the overall geodynamics evolution of the study area and so we select this model as 

the final result. 

4.5 Conclusion 

We modelled the flow field below the Tyrrhenian region using as input lithospheric viscosity 

and density models. Our 3D models using different density inferences highlights that the 
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lithosphere beneath the Tyrrhenian region moves predominantly northeast. On the 2D model, 

observed upwelling and downwelling agrees with the geodynamic evolution of the study area, 

suggesting that buoyancy forces, which result from heterogenous density distribution in the 

crust and uppermost mantle, can explain principal features of the present-day deformation, 

regional tectonics and magmatism within the Tyrrhenian area.  
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Conclusions 

We have obtained a high-resolution shear-wave velocity structure of the crust and uppermost 

mantle beneath the Tyrrhenian basin. Our result suggests the presence of a shallow exhumed 

mantle basement below the Vavilov-Magnaghi basin contrarily to previously suggested 

oceanic crust. Our velocity model of the crust, however, agrees with previous studies 

suggesting a thin continental crust beneath the northern Tyrrhenian basin. In the uppermost 

mantle, the most prominent feature is the presence of a low-velocity zone that affects much of 

Tyrrhenian basin between 40 and 80 km and whose lateral extent mimics the paleogeographic 

evolution of the Calabrian arc in time. We infer that this low-velocity zone is due to mantle 

water content variation and decompressional melt and may well be the source of the complex 

and variable volcanism found in the Tyrrhenian area. 

However, comparing our results to those of other backarc basins, we find notable similarities 

and differences. Using local events, Wiens et al., (2006) determined the average shear-wave 

velocity structure of four backarc basin by waveform modelling. The 1D velocity-depth models 

for all four basins show a low-velocity zone with a minimum shear-wave velocity at 

approximately 80 km with minimum values varying from 3.85 (Lau Basin) to 4.15 km/s 

(Mariana Trough). The authors attributed the variation in the seismic velocity structure 

between the four basins to variations in mantle potential temperature as the increase in 

minimum velocity from Lau to Fiji to Scotia to Marianas correlates well with increasing mantle 

temperatures inferred from petrology and basin depth. To explain the inter-basin velocity 

variations, Wiens et al., (2006) ruled out variations in water content because the petrologically 

inferred water contents increase, rather than decrease, with increasing minimum shear velocity. 

Thus, although both temperature and water content may contribute to the velocity structure 
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below the four backarc basins investigated by Wiens et al., (2006), variations in temperature 

dominate the differences between them. 

In the case of the Tyrrhenian basin, the minimum S-wave velocity observed in the uppermost 

mantle is about 4.0 km/s and we associate this velocity decrease to a combined effect of water 

content, temperature and decompressional melt, but here, we favour water content variation as 

the dominant effect. Water in the Tyrrhenian mantle comes from the slab subducting beneath 

the Calabrian Arc, whose evolution in time is likely responsible for the observed low-velocity 

zone below the Tyrrhenian. Comparing minimum shear velocity values, the Tyrrhenian shear-

wave velocities are most similar to those observed below the Marianas. From Wiens et al., 

(2006), the background temperature for the Mariana Trough is inferred to be close to normal 

MORB-source potential temperature whereas the other backarc basins (Scotia, Fiji, and Lau) 

were found to be relatively hot. Based on the similar shear-wave velocity observed in the 

Tyrrhenian and the Mariana, we infer that the mantle potential temperature below the 

Tyrrhenian basin is likely close to a normal MORB-source potential temperature and may not 

be the leading factor for the minimum shear-wave velocities observed in the Tyrrhenian.  

Further, we derived the 3D density structure of the lithosphere beneath the Tyrrhenian region 

combining seismic velocity, surface heat flow, gravity and topography. Our final density model 

shows a pronounced ring-shape low-density uppermost mantle surrounding the southern 

Tyrrhenian basin which is underlain by a high-density uppermost mantle. The absence of a 

low-density anomaly beneath the southern Tyrrhenian basin does not agree with the hypothesis 

that the opening of the southern Tyrrhenian basin was as a result of an ascending low-density 

asthenospheric material. 

Finally, we use lithospheric viscosity and density models to compute the contemporary 

lithospheric flow fields beneath the Tyrrhenian basin and surrounding areas. The orientation of 
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the flow fields found in this study agrees with the general northeast movement of the 

lithosphere in the Tyrrhenian region, suggesting that buoyancy forces, which result from 

heterogenous density distribution in the crust and uppermost mantle, can explain principal 

features of the present-day deformation, regional tectonics and magmatism within the 

Tyrrhenian area. 

Our overall results of the lithospheric structure beneath the Tyrrhenian basin and surrounding 

margins can explain the heat flux, the regional geology and magmatism in the Tyrrhenian basin 

and provides new insights into the dynamic deformation beneath the backarc basin.  
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